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[1] Over the past decade, efforts to estimate temperature
and sea level for the past 50 Ma have increased. In parallel,
efforts to model ice sheet changes during this period have
been ongoing. We review published paleodata and modeling
work to provide insights into how sea level responds to
changing temperature through changes in ice volume and
thermal expansion. To date, the temperature to sea level rela-
tionship has been explored for the transition from glacial to
interglacial states. Attempts to synthesize the temperature
to sea level relationship in deeper time, when temperatures
were significantly warmer than present, have been tentative.
We first review the existing temperature and sea level data
and model simulations, with a discussion of uncertainty in
each of these approaches. We then synthesize the sea level
and temperature data and modeling results we have reviewed
to test plausible forms for the sea level versus tempera-
ture relationship. On this very long timescale there are no
globally representative temperature proxies, and so we inves-
tigate this relationship using deep-sea temperature records
and surface temperature records from high and low latitudes.
It is difficult to distinguish between the different plausible
forms of the temperature to sea level relationship given the
wide errors associated with the proxy estimates. We argue
that for surface high-latitude Southern Hemisphere tempera-
ture and deep-sea temperature, the rate of change of sea level
to temperature has not remained constant, i.e., linear, over
the past 50 Ma, although the relationship remains ambiguous
for the available low-latitude surface temperature data. A non-
linear form between temperature and sea level is consistent
with ice sheet modeling studies. This relationship can be
attributed to (1) the different glacial thresholds for Southern
Hemisphere glaciation compared to Northern Hemisphere
glaciation and (2) the ice sheet carrying capacity of the Ant-
arctic continent.
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1. INTRODUCTION
[2] Understanding and predicting glacier and ice sheet
dynamics is notoriously difficult [Alley et al., 2005; Allison
et al., 2009], and as a result, in their fourth assessment
report the Intergovernmental Panel on Climate Change did
not provide sea level projections that accounted for rapid
dynamical changes in ice flow [Solomon et al., 2007].
The observational record contains worrying examples of
nonlinear threshold type responses, such as the collapse of
the Larsen B ice shelf and subsequent surging of glaciers
[De Angelis and Skvarca, 2003; Rignot et al., 2004]. How-
ever, the observational record does not help us constrain
large changes to the ice sheets. Although there is no known
analog to projected future warming in the paleoclimate
record [Crowley, 1990; Haywood et al., 2011], it does con-
tain examples of large-scale changes to the ice sheets
[DeConto and Pollard, 2003a; Miller et al., 2005a]. The
paleoclimate record can therefore aid understanding of ice
sheet behavior and provide insight into the plausibility of
large ice sheet changes in a warming world [Scherer et al.,
1998; Pollard and DeConto, 2009]. By looking to the
paleoclimate record we can also attempt to better understand
the relationship between different climate parameters, such
as temperature, atmospheric CO2, ice volume, and sea level
[Rohling et al., 2009].
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[3] Over the past 50 million years, eustatic sea level has
varied between 100 m above present in the early Eocene
(56–49 Ma), when there was little or no land ice on Earth
and the ocean basin volume was less than present [Miller
et al., 2005a; Kominz et al., 2008; Miller et al., 2009a],
and 120–140 m below present [Fairbanks, 1989; Yokoyama
et al., 2000] during the Last Glacial Maximum (LGM; 19–
23 ka), when there were large ice sheets in Antarctica, North
America, Asia, and Europe [Clark et al., 2009]. (Italicized
terms are defined in the glossary, after the main text.) On this
timescale, large (greater than 10 m) eustatic sea level varia-
tions have been caused predominately by changes in the
volume of land ice [Miller et al., 2005a]. Broadly, there have
been four ice sheet states, these being (1) largely unglaciated
conditions, (2) a glaciated East Antarctic, (3) interglacial
conditions with additional ice sheets in the West Antarctic
and Greenland (i.e., present-day conditions), and (4) glacial
conditions with the additional growth of large ice sheets in
the Northern Hemisphere [de Boer et al., 2012]. The gla-
ciation of the East Antarctic can also be further broken down
into an intermediate state with ephemeral mountain ice caps
and a fully glaciated state [DeConto and Pollard, 2003a;
Langebroek et al., 2009].
[4] The temperature range on this timescale is perhaps less
well understood. Deep-sea paleoclimate proxies are com-
monly used to interpret past climate changes as much of the
regional and seasonal changes present in surface ocean and
terrestrial records are reduced by the large volume and slow
recycling of the deep ocean [Lear et al., 2000; Lear, 2007;
Sosdian and Rosenthal, 2009]. Deep-sea temperatures (DSTs)
in the early Eocene (50 Ma) may have been 7°C–15°C
warmer than present, with a best estimate of 12°C [Lear
et al., 2000; Zachos et al., 2001; Billups and Schrag, 2003;
Lear, 2007]. The deep sea was 1.5°C–2°C cooler than pres-
ent during the LGM, with further cooling limited as tempera-
tures approached the freezing point for seawater [Waelbroeck
et al., 2002; Elderfield et al., 2010; Siddall et al., 2010a].
[5] Sea surface temperature (SST) proxies suggest that
during the Eocene, the high latitudes were significantly
warmer than present, approaching or even exceeding tem-
peratures seen in the modern tropics [Bijl et al., 2009; Hollis
et al., 2009; Liu et al., 2009; Bijl et al., 2010]. However,
the lower latitudes were only a few degrees warmer than
present in the Eocene [Sexton et al., 2006; Lear et al., 2008;
Keating-Bitonti et al., 2011], suggesting that there was a
much reduced latitudinal temperature gradient [Huber, 2008;
Bijl et al., 2009]. During glacial conditions, the surface high
latitudes show cooling [Jouzel et al., 2007], with this cooling
also extending to low latitudes, suggesting that there were
additional feedbacks on the climate system, such as CO2
feedbacks, in addition to orbital driven forcing [Herbert
et al., 2010; Rohling et al., 2012].
[6] Over the past 50 Ma there have also been major tec-
tonic changes, such as the uplift of the Himalayas following
the collision of India with Asia, the opening of the Drake
and Tasman passages, and the closing of the Panama sea-
way, which have all had an influence on the climate system
[Zachos et al., 2001].
1.1. Temperature to Sea Level Relationship
[7] Surface temperature is related to sea level through its
control on the amount of ice stored on land and through
thermal expansion. Sea level response to temperature forcing
over the past 0.5 Ma has been studied using proxy data from
ice cores, ocean sediments, and fossil corals [Rohling et al.,
2009; Siddall et al., 2010a, 2010b]. However, for longer
periods (106–107 years), only modeled estimates have been
published, albeit constrained by data [de Boer et al., 2010].
Here we use existing proxy records from the past 50 Ma to
investigate the relationship and uncertainties between tem-
perature and sea level during the transition to an “ice house”
world. There are no globally representative temperature
proxies on this timescale; instead, we investigate the rela-
tionship using DST and surface temperatures from high and
low latitudes.
[8] When looking at this long time period, the proxy
record of surface temperature is limited in both duration and
spatial coverage, although records are improving with the
continued development of new and existing proxies [Lear
et al., 2008; Liu et al., 2009]. A limitation of using iso-
lated surface temperature proxies is that there are inherent
uncertainties as to whether regional and/or seasonal tem-
perature fluctuations are being recorded [Lear et al., 2000].
These potential biases are reduced in the DST record,
although the DST record has other significant limitations
[Lear et al., 2000; Billups and Schrag, 2003]. DST is
coupled to SST at regions of deep-water formation, which
for the present day are predominantly, although not exclu-
sively [Gebbie and Huybers, 2011], the high latitudes
[Zachos et al., 2001]. Therefore, DST proxies should not be
seen as a record of past global temperature but should
instead be viewed as analogous to past high-latitude surface
temperature [Zachos et al., 2001]. The DST record is useful
when investigating the sea level to temperature relationship,
as it is best coupled to the surface at regions of ice formation.
1.2. Review Outline
[9] The majority of this review is focused on the DST to
sea level relationship for the past 50 Ma, as the DST record
is more complete than the surface temperature record.
Additionally, we investigate the surface temperature to sea
level relationship over a key interval for sea level change,
the Eocene-Oligocene transition (EOT). The direct transla-
tion between the DST to sea level relationship to the surface
temperature to sea level relationship is dependent on the
existence of a constant deep-sea to surface temperature
gradient through time. We include a discussion of how the
deep-sea to surface temperature gradient may have changed
over the multimillion year timescale of this study because of
changes in ocean circulation and changing sources of deep-
water formation [Cramer et al., 2009; Katz et al., 2011].
[10] A number of explanations exist for the causes of
glacial inception, when the first continental sized ice sheets
formed on Antarctica (typically cited as occurring at the
Eocene-Oligocene boundary 34 Ma [Zachos et al., 2001]),
such as regional cooling resulting from the opening of ocean
gateways and the thermal isolation of Antarctica [Kennett,
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1977; Exon et al., 2001] or global cooling through declining
atmospheric CO2 [DeConto and Pollard, 2003a, 2003b;
Pagani et al., 2005]. However, a full discussion is beyond
the scope of this review. Arguably, the more established
hypothesis at present is that glacial inception on Antarctica
resulted from global cooling, which was likely due to
declining atmospheric CO2 [DeConto and Pollard, 2003a,
2003b; Huber et al., 2004; Stickley et al., 2004; Pagani
et al., 2005; Liu et al., 2009; Pearson et al., 2009]. First
we review the available sea level, temperature, and model
data, then we give a synthesis of the sea level relationship
with DST and the sea level relationship with SST from high
and low latitudes, and finally, we explore how this has
affected understanding of the evolution of ice sheets over
the past 50 Ma.
2. PROXY RECORDS
[11] Long-duration (107 years) records of sea level, ice
volume, and temperature over the past 50 Ma are limited to
ocean sediment deposits. Although other proxy records exist
(e.g., from isotope analysis of fossil tooth enamel [Zanazzi
et al., 2007] or sediment records from an incised river
valley [Peters et al., 2010]), these are of a too short duration
to be included in this review. Long-term (107 years) records
are presently limited to sequence stratigraphy records of sea
level [Miller et al., 2005a], Mg/Ca proxy records of DST
[Lear et al., 2000; Billups and Schrag, 2003], and records of
oxygen isotopes (d18O), which are a mixed climate signal
[Zachos et al., 2001]. Other proxies, such as the tetraether
index (TEX86) and the alkenone unsaturation index (U
k′
37),
have been used to create intermediate-duration (106 years)
SST records.
2.1. Sequence Stratigraphy: A Sea Level Proxy
[12] Sequence stratigraphy of passive continental margins
can provide a record of regional sea level over the past
50 Ma and even longer timescales [Vail et al., 1977; Haq
et al., 1987; Miller et al., 2005a; Kominz et al., 2008].
Depositional sequences bounded by unconformities (periods
of nondeposition and/or surfaces of erosion) show changes
in regional sea level. By accurately dating sequences and
inferring the past water depth during depositional phases
from lithofacies and biofacies models, a quantitative esti-
mate of sea level through time can be created (for a full
discussion see Miller et al. [1998, 2005a], Kominz et al.
[2008], and Browning et al. [2008]).
[13] Vail et al. [1977] developed a method for inferring
global sea level by correlating sequences from multiple
depositional basins. This work led to the production of the
“Haq curve,” which was claimed at the time to be a global
eustatic record of sea level [Haq et al., 1987]. Miall [1992]
was critical of the approach used by Haq et al. [1987] as it
assumes that the dating of sequences is accurate enough to
allow for correlation across multiple depositional basins.
However, the duration of some of the sequences is often less
than the age error estimate. Miall [1992] demonstrated that
sequences created using a random number generator with the
same age errors could generate a good correlation with the
Haq curve. It is unclear whether the sequences are the result
of a global sea level signal or generated by regional pro-
cesses, making correlation across multiple basins question-
able [Christie-Blick et al., 1988]. Other criticism has focused
on the lack of availability of data that made up the Haq
curve, meaning that independent verification of the record is
not possible [Miall, 1992]. Given these fundamental weak-
nesses, Miall [1992] suggested that the Haq curve in par-
ticular should be abandoned and efforts should be focused
on independent well-dated records, such as those discussed
in the following.
[14] Within the last 15 years, multiple well-dated sediment
cores from one region, the New Jersey (NJ) margin in the
northeastern United States, have been used to create a
sequence stratigraphy record of sea level over the past 10–
100 Ma (sea level for 0–9 Ma in the study by Miller et al.
[2005a] is estimated from a calibration of the d18O record
as the NJ sequence stratigraphy record is incomplete from
0 to 7 Ma) [Miller et al., 2005a; Kominz et al., 2008] (see
Figure 1). By taking into account compaction, loading, and
subsidence of the sediment core (the backstripping method),
a regional sea level record was created [Browning et al.,
2008]. The sequences are dated using a combination of
biostratigraphy, magnetostratigraphy, and strontium isotope
stratigraphy, providing age control better than 0.5 Ma
[Kominz et al., 2008], which is a significant improvement on
the 3 Ma age errors of the Haq curve [Miall, 1992].
[15] When regional sea level drops below the level of the
core hole site, there is a hiatus in the record, identified as an
unconformity. This is a potential limitation of sequence
stratigraphy because it means water depth information is
restricted during lowstands. This is overcome in part by
having multiple core hole locations from both onshore and
offshore sites; however, there are still significant hiatuses
in the composite record during lowstands. Although a
quantitative record of water depth is limited during low-
stands, it is likely that sea level was lower than surrounding
highstands given the lack of sediment deposition. As shown
in Figure 1, Kominz et al. [2008] provide “conceptual”
lowstands, which highlight that sea level is lower during
periods when there are no deposits; errors during these per-
iods are significantly higher than during highstands. Here we
assume generous errors of 50 m during lowstands, based
on the highest error estimate of Miller et al. [2005a]. The
highstand sea level estimate has an associated water depth
error. The errors generally increase with increasing water
depth; highstand errors for the NJ sea level record are typi-
cally 10–20 m [Miller et al., 2005a].
[16] As shown in Figure 1, the NJ record shows a long-
term fall in sea level of 100 m over the course of the past
50 Ma, which is greater than can be explained by the for-
mation of the modern ice sheets [Kominz et al., 2008; Miller
et al., 2009a]. Estimates of the total amount of ice stored
in the modern ice sheets, in terms of sea level equivalence
(ice volume divided by the ocean area and accounting for
the change in volume with change in state from ice to sea-
water), vary from 64 to 80 m [Lythe and Vaughan, 2001;
Bamber et al., 2001; Miller et al., 2005a; Lemke et al.,
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2007]. However, this is not directly relatable to the NJ sea
level record. If this additional mass of water was added to
the oceans, it would have an isostatic effect (hydroisostasy),
meaning that the sea level rise visible from NJ may be
33% less [Pekar et al., 2002; Miller et al., 2009a].
Therefore, assuming full isostatic adjustment (it should be
noted that this hydroisostatic correction is not universally
accepted [e.g., Cramer et al., 2011]), only 43–54 m of the
long-term fall in the NJ record can be explained by the for-
mation of the modern ice sheets [Pekar et al., 2002; Miller
et al., 2005a]. Assuming that DSTs have cooled by 12°C
over the past 50 Ma (see below [Lear et al., 2000; Zachos
et al., 2001]), 12 m can be explained by thermosteric sea
level fall [Miller et al., 2009a]. This leaves an additional sea
level fall, which by inference could be explained by an
increase in ocean basin volume [Miller et al., 2009a].
[17] Ocean crust production rates may have decreased
since the early Cenozoic [Xu et al., 2006]. Because seafloor
becomes deeper as it ages, slower ocean crust production
rate effectively increases ocean basin volume [Xu et al.,
2006]. This is not consistent with the results of Rowley
[2002], which suggested ocean crust production rates, and
therefore ocean basin volume, have not varied significantly
over the past 180 Ma. Müller et al. [2008] reconstructed
ocean basin volume using marine geophysical data. Their
data did suggest a decrease in sea level caused by an increase
in ocean basin volume since 50 Ma of 20 m. It should be
noted that their reconstruction significantly differs from the
NJ record on longer timescales [Müller et al., 2008], as
discussed below. This combined total of 75–86 m does
not close the long-term NJ sea level budget and may suggest
that the record contains other components.
[18] For multiple reasons, a sea level record from any
single coastal area should be viewed as a record of regional
sea level rather than a record of global eustatic sea level
[Kominz et al., 2008]. This is because in addition to sea level
changes resulting from the movement of water to and from
storage as ice on land, the variation in the ocean basin vol-
ume, and the thermal expansion of water, there are regional
effects that may be recorded [Pekar et al., 2002]. If a con-
tinental plate moves vertically, e.g., as a result of ice loading,
this will be seen as a sea level change in the record [Peltier,
1974]. Isostasy due to ice loading will not have affected the
NJ record over the period of 10–100 Ma as it is unlikely that
large-scale North American glaciation occurred prior to the
Plio-Pleistocene. Even though the margin has subsequently
been subject to isostasy, the preserved record of water depth
was formed free from a glacioisostatic signal. However,
there are other tectonic effects that may pose a challenge to
the sequence stratigraphy method and that may be contained
in the NJ sea level record [Kominz et al., 2008].
[19] It has been suggested that northeast America has
subsided since the Late Cretaceous, as the continent over-
rode the subducted Farallon slab [Conrad et al., 2004;
Spasojević et al., 2008]. This would have been synchronous
with declining sea level since the Late Cretaceous highstand,
having the effect of masking some of the sea level decline in
the NJ record [Müller et al., 2008]. This subduction could
explain the discrepancy between the sea level estimates of
Müller et al. [2008], based on the reconstruction of basin
Figure 1. Sea level time series from 0 to 50 Ma. Kominz et al.’s [2008] regional sequence stratigraphy
sea level data from the New Jersey margin (10–50 Ma), showing highstand data and “conceptual” low-
stands (blue lines). Smoothed sea level data using a center-weighted running mean with a window size
of 0.5 Ma and interpolated to a 1 Ma temporal resolution (black line). Highstand errors (gray band)
are from Kominz et al. [2008]; lowstand errors shown here are 50 m, based on the highest error estimate
ofMiller et al. [2005a]. De Boer et al.’s [2010] sea level (red dashed line) was modeled using observation-
constrained forward modeling with benthic foraminifera d18O data as input [Zachos et al., 2008].
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volume from geophysical data, and the NJ record of Miller
et al. [2005a]. If the NJ margin did subside because of this
mechanism, it would only affect the sea level record on long
timescales (107–108 years). This should be too slow to be
confused with the more rapid glacioeustatic signal in the
record [Miller et al., 2005a], but it may still have contributed
to the broad sea level trend of the last 50 Ma.
[20] More recently, Petersen et al. [2010] suggested that
on intermediate timescales (2–20 Ma) small-scale convec-
tion in the mantle could generate vertical plate movements.
Using a 2-D thermomechanical model, Petersen et al. [2010]
demonstrated that vertical plate movements on the order
of 30 m were possible on intermediate timescales. Such
convective cycles could generate sedimentary deposits, due
to variations in water depth, which could be misinterpreted
as being caused by eustatic sea level fluctuations [Petersen
et al., 2010].
[21] Another potential source of local sea level change in
the NJ record is due to gravitational and Earth rotational
effects. There is a gravitational effect between an ice sheet
and the surrounding ocean that influences relative sea levels
on a global scale [Mitrovica et al., 2001, 2009; Raymo et al.,
2011]. Because of this gravitational effect, when a large ice
sheet melts its mass is not evenly redistributed across the
oceans. Sea level local to an ice sheet can therefore fall once
the ice sheet has melted [Mitrovica et al., 2001, 2009]. For
the NJ region if the Antarctic ice sheet melted, the local sea
level change would be greater than if the volume were
evenly distributed across the oceans. In addition to the
gravitational effect there are other feedbacks from this
redistribution of mass, through influences on the Earth’s
rotation and solid Earth deformation [Mitrovica et al., 2001,
2009]. As there have been large changes in the size of the
ice sheets, this gravitational effect will be present in the
NJ record and is another source of uncertainty.
[22] In order to test the NJ sequence stratigraphy record,
additional sea level curves from well-dated deposits from
multiple regions need to be generated. The NJ sequence
stratigraphy record should be viewed as a regional sea level
record that needs to be tested with additional data from
other locations. Sequence stratigraphy data from the Russian
platform agree well with the NJ record [Sahagian and
Jones, 1993], although the Russian platform data are only
for the Late Cretaceous and earlier. When applied to the late
Pleistocene (10–130 ka), the sequence stratigraphy sea level
record from NJ compares well against other sea level proxies,
such as fossil corals [Wright et al., 2009]. Additional sequence
stratigraphy records are being assembled from expeditions to
Australia and New Zealand, and this should provide further
tests for the NJ record [Kominz et al., 2008; John et al., 2011].
Results from the northeastern Australian margin show large
amplitude sea level changes in the Miocene, with events at
14.7Ma and 13.9 Ma showing a larger sea level change than is
evident in the NJ record [John et al., 2011].
2.2. Temperature Proxies
[23] Proxy methods for calculating paleo-SSTs include
the tetraether index (TEX86) [Wuchter et al., 2004], the
alkenone unsaturation index (Uk′37) [Brassell et al., 1986],
and the Mg/Ca ratio of planktic (surface-dwelling) forami-
nifera. The Mg/Ca proxy can also be used for benthic
(bottom-dwelling) species of foraminifera to calculate DSTs
[Nürnberg et al., 1996]. Long-timescale (107 years) tem-
perature records are currently limited to Mg/Ca records of
benthic foraminifera [Lear et al., 2000; Billups and Schrag,
2003]; for intermediate timescales (106 years) there are
additional DST records using Mg/Ca and SST records using
all of the proxies mentioned above for multiple regions over
a variety of time periods. We do not cover all of the time
periods where intermediate timescale records are available
but focus on the EOT.
2.2.1. Mg/Ca Temperature Proxy
[24] Magnesium ions (Mg2+) can be incorporated into
the calcite (CaCO3) tests of foraminifera, substituting for
calcium; the amount incorporated shows a temperature-
dependent relationship [Nürnberg et al., 1996]. Both core
top samples and culturing experiments show that the Mg/Ca
ratio of foraminiferal calcite increases with water tempe-
rature [Nürnberg et al., 1996; Rosenthal et al., 1997; Lea
et al., 1999; Anand et al., 2003]. The Mg/Ca ratios of suit-
able species of both benthic and planktic foraminifera can
therefore be used as a proxy of DST and SST, respectively.
[25] A potential source of error in the Mg/Ca proxy, which
is also relevant to other stable isotope proxies using fora-
minifera, is postmortem changes to the geochemical signal
(diagenesis) [Savin and Douglas, 1973; Brown and Elderfield,
1996; Rosenthal et al., 2000; Sexton et al., 2006; Lear, 2007].
This source of error can be minimized by carefully selecting
well-preserved samples, using multiple proxies, correcting for
known effects, and rejecting samples that are at high risk to
diagentic processes [Rosenthal et al., 2000; Rosenthal and
Lohmann, 2002; Sexton et al., 2006; Lear, 2007]. Billups
and Schrag [2003], however, suggest that perhaps the largest
source of uncertainty in the Mg/Ca paleotemperature proxy
is due to temporal changes in the seawater Mg/Ca ratios
from changes in Mg2+ and Ca2+ cycling in the oceans, as
discussed below.
[26] Because of the residence times of Mg2+ and Ca2+ ions
in the oceans of 10 Ma and 1 Ma, respectively, when
used on long timescales (107 years), the absolute Mg/Ca
temperature estimates may contain errors [Lear et al., 2000;
Billups and Schrag, 2003; Lear, 2007]. To account for this,
the Mg/Ca temperature estimates can be corrected for var-
iations in seawater Mg/Ca [e.g., Lear et al., 2000; Lear,
2007; Creech et al., 2010].
[27] Reconstruction of past seawater Mg/Ca can be made
through proxy measurements or modeling of the causes of
variation in the ion concentrations. Lowenstein et al. [2001]
reconstructed past seawater Mg/Ca using fluid inclusions in
marine halites. Their data suggest that seawater Mg/Ca has
increased over the past 50 Ma from initial values of 2.5–
3.5 mol mol1 to the present-day value of 5.2 mol mol1.
This was slightly higher than the reconstructed estimate
of 2 mol mol1 at 50 Ma using fossil enchinoderms
[Dickson, 2002]. This lower estimate was supported by an
alternative reconstruction using measurements of CaCO3
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veins recovered from oceanic crust. These estimates suggest
seawater Mg/Ca was relatively constant prior to 24 Ma at
1.5–2.5 mol mol1 before increasing toward the modern
value [Coggon et al., 2010]. Modeled estimates of past
seawater Mg/Ca vary, with one model suggesting that ratios
increased approximately linearly from a value of 3.85 mol
mol1 at 50 Ma [Wilkinson and Algeo, 1989]. To account
for this variability, the Mg/Ca paleotemperatures can be
calculated using these different seawater Mg/Ca scenarios
[Lear, 2007].
[28] Creech et al. [2010] looked at multiple SST proxies
in the early Eocene, including Mg/Ca and TEX86. They
used various seawater Mg/Ca scenarios and suggested a
lower limit for seawater Mg/Ca of 2 mol mol1 in the
early Eocene (with preferred scenarios ranging from 2.24 to
3.35 mol mol1) in order to reconcile the Mg/Ca SSTs with
TEX86 SSTs [Creech et al., 2010]. Because of these uncer-
tainties regarding the past seawater concentration of Mg/Ca,
absolute Mg/Ca temperatures on long timescales (107 years)
should be interpreted with caution [Billups and Schrag,
2003; Lear, 2007]. The Mg/Ca proxy is much more reli-
able when looking at relative Mg/Ca temperature changes
over shorter (106 years) intervals [Lear, 2007].
[29] Lear et al. [2000] created a DST record from Mg/Ca
ratios of benthic foraminifera from four sites. This provided
a record of DSTs over the past 50 Ma, with an age resolution
of 1 Ma. Lear [2007] calculated a window of DST esti-
mates, based on Lear et al.’s [2000] data (shown in Figure 2),
using seawater Mg/Ca varying from 1.5 mol mol1 to
5.2 mol mol1 at 50 Ma, which then linearly increases
to present day. The modeled seawater Mg/Ca estimate of
Wilkinson and Algeo [1989, Figure 16f] produces Eocene
DSTs that are in closest agreement with oxygen isotope
records assuming an ice-free world, although this benthic
d18O temperature estimate also contains an associated error
due to uncertainties in estimating the d18O of seawater for an
ice-free world. Since this early work, there have been
numerous higher-resolution benthic Mg/Ca records published,
spanning various portions of the Cenozoic. For example,
Billups and Schrag [2003] used the Mg/Ca proxy to obtain
DST records over the past 50 Ma from Ocean Drilling
Program (ODP) Sites 757 and 689. Additional Paleogene
(65.5–23 Ma) Mg/Ca records include those from Pacific
ODP Sites 1218 and 1209 [Lear et al., 2004; Dutton et al.,
2005; Dawber and Tripati, 2011], and additional Neogene
(23–0.05 Ma) records include those from ODP Sites 761 and
1171 [Shevenell et al., 2008; Lear et al., 2010].
2.2.2. Surface Temperature Proxies: TEX86 and U
k′
37
[30] Alkenones are highly resistant compounds found in
sediments from all of the ocean basins and preserved in
sediments spanning back to the Eocene and even earlier
[Boon et al., 1978; Marlowe et al., 1990; Müller et al.,
1998]. They are synthesized by a very limited number of
species of phytoplankton, such as the widespread Emiliania
huxleyi in the modern ocean [Volkman et al., 1980;Marlowe
et al., 1990]. The reason alkenones are synthesized by these
species of phytoplankton remains unknown [Conte et al.,
1998; Herbert, 2003]. The degree of unsaturation in the
alkenone molecules, i.e., the number of double bonds, cor-
relates with the temperature at synthesis [Marlowe, 1984].
The degree of alkenone unsaturation was used in a pio-
neering study to show late Pleistocene climate cycles
[Brassell et al., 1986]. A simplified alkenone unsaturation
index (Uk′37) was developed as a measure of the degree of
alkenone unsaturation and then calibrated to temperature,
from laboratory culturing studies and core top analysis
[Prahl and Wakeham, 1987; Sikes et al., 1991; Müller et al.,
1998]. The index can be used for temperatures ranging from
1°C to 28°C, meaning that it cannot be used for extremely
cool or warm regions and climates [Herbert, 2003]. As
alkenones are well preserved in ocean sediments, the alke-
none unsaturation index is a useful proxy for past SST,
although we note that high temperatures at low latitudes
might be particularly challenging [Brassell et al., 1986;
Prahl and Wakeham, 1987; Müller et al., 1998; Liu et al.,
2009; Herbert et al., 2010].
[31] The modern producers of alkenones have evolved
relatively recently. For example, the species E. huxleyi
evolved in the late Pleistocene, although alkenones are
found in much older sediments [Marlowe et al., 1990]. This
has implications for using the Uk′37 index further back in
time, as the index is calibrated against alkenone samples
produced by modern species of phytoplankton [Herbert,
2003]. A morphologic study suggested that modern alke-
none producers share a common evolutionary pathway,
evolving from, or belonging to, the same family, Gephyr-
ocapsaceae, dating back to at least the Eocene,45 Ma. The
relationship between producers of alkenones in even older
sediments, from the Cretaceous, and modern species is less
well understood [Marlowe et al., 1990]. Furthermore, the
form of alkenones found in these older sediments differs
from modern alkenones [Herbert, 2003]. The Uk′37 index
has been used to estimate SST for the Eocene [Bijl et al.,
2010], although it is unlikely that the index would remain
valid on even older sediments [Herbert, 2003].
[32] In addition to temperature, the degree of alkenone
unsaturation also shows sensitivity to other factors, such as
light [Prahl et al., 2003]. Modern producers of alkenones
live at various depths in the photic zone, and alkenones
produced at greater depths could generate Uk′37 temperatures
cooler than the annual mean SST [Prahl et al., 2001].
Additionally, the production rate of alkenones varies over an
annual cycle, typically peaking in the spring or summer
months, meaning that temperatures may not represent the
mean annual temperature but may be slightly biased to
warmer months [Prahl et al., 1993; Sprengel et al., 2000].
This seasonal bias generally increases with increasing lati-
tude [Sikes et al., 1997; Ternois et al., 1998; Herbert, 2003;
Sikes et al., 2009]. The potential impacts of these external
factors have been studied in detail through culturing studies,
performing core top analysis, and using sediment traps (see
Herbert [2003] for review).
[33] More recently, another organic paleothermometer has
been developed, based on the composition of the membrane
lipids of Thaumarchaeota (formerly classed as Crenarch-
aeota [Brochier-Armanet et al., 2008]), a group of single
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celled microorganisms. One group of membrane lipids bio-
synthesized by Thaumarchaeota are glycerol dialkyl glycerol
tetraethers (GDGTs) [Schouten et al., 2002]. The number of
cyclopentane rings in the GDGTs shows a strong correlation
with temperature at synthesis [Schouten et al., 2002;
Wuchter et al., 2004]. It is thought that Thaumarchaeota can
change the relative amounts of the different GDGTs (con-
taining different numbers of cyclopentane rings) in their
membranes, to allow changes to the membrane lipid fluidity,
in response to changing temperature [Sinninghe Damsté
et al., 2002]. The TEX86 index was developed as a mea-
sure of the relation between the distribution of GDGTs and
the temperature at synthesis [Schouten et al., 2002; Wuchter
et al., 2004]. The calibration has been further refined,
although there is still debate as to what calibration is most
appropriate, especially at extremely high (>30°C) and low
(<5°C) temperatures [Kim et al., 2008; Liu et al., 2009; Kim
et al., 2010]. The main advantages that the TEX86 proxy has
over the Uk′37 proxy are that it can be used for higher
temperatures than Uk′37 and can be used further back in
time, when low alkenone concentrations and uncertainties
over the evolution of alkenone producers limit the use of
the Uk′37 proxy.
[34] Although the TEX86 proxy has some advantages
over the Uk′37 proxy, it also has significant weaknesses.
Thaumarchaeota are not restricted to the photic zone but are
distributed throughout the ocean depths [Karner et al.,
2001]. Therefore, it seems unusual that the TEX86 index
shows such a strong correlation with SST [Huguet et al.,
2006]. The cells of Thaumarchaeota are too small to sink
to the ocean floor postmortem; therefore, the TEX86 signal
must be transported to the ocean sediments in another way.
Figure 2. Temperature time series for both deep-sea and surface temperatures. (a) Both deep-sea temper-
ature from Mg/Ca of benthic foraminifera [Lear et al., 2000] (black lines) and Northern Hemisphere
surface temperature from observation-constrained forward modeling [de Boer et al., 2010] (red dashed
line). De Boer et al.’s [2010] temperature is scaled so that it can be read on both axes using the deep-
sea to Northern Hemisphere surface temperature parameter of de Boer et al. [2010]. The error envelope
for Lear et al.’s [2000] data is for different seawater Mg/Ca scenarios from a constant scenario (low esti-
mate) to a linearly increasing seawater Mg/Ca concentration from a value of 1.5 mol mol1 at 50 Ma (high
estimate) to present day. The thick line is the best estimate scenario of Lear et al. [2000] for a seawater
Mg/Ca value at 50 Ma of 3.85 mol mol1 linearly increasing to present. (b) EOT low-latitude sea surface
temperature from Mg/Ca of planktic foraminifera from Tanzania [Lear et al., 2008], shown here as an
anomaly relative to a modern SST value of 27.1°C, taken from the coast immediately to the east of the
core site. (c) EOT high-latitude Southern Hemisphere sea surface temperature, from TEX86 (green dots)
and Uk′37 (yellow dots). Data are shown as an anomaly relative the modern SST for the paleolocation
of each site [Liu et al., 2009, supplementary information]; this differs from the work by Liu et al.
[2009], where the data are presented as an anomaly relative to the pre-EOT mean for each site and includes
additional Northern Hemisphere high-latitude sites. The best fit is calculated using a local weighted
regression, with a weighting of 15%.
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A likely mechanism is that Thaumarchaeota are consumed
and the TEX86 signal is incorporated into marine snow. As
most food webs are active in the upper ocean, this would
also explain why TEX86 is well correlated with SST
[Wuchter et al., 2005, 2006; Huguet et al., 2006]. Support
for this interpretation comes from sediment traps set up at
different depths, with measurements from deeper sediment
traps reflecting SST rather than the ambient ocean temper-
ature [Wuchter et al., 2005, 2006]. A core top calibration
using samples from multiple regions and ocean depths sug-
gested that the TEX86 signal is strongly coupled to mixed
layer temperatures, at depths of 0–30 m [Kim et al., 2008].
However, another study suggested TEX86 temperatures
cooler than actual SST, implying that for certain regions
the TEX86 signal might originate in the subsurface [Huguet
et al., 2007].
[35] Potential seasonal biases affect the TEX86 proxy as
well as the Uk′37 proxy. Sediment trap studies suggest that
the peak concentration of GDGTs occurs in the winter and
spring months [Wuchter et al., 2005], but when the TEX86
index is applied in sediment trap and core top studies
the signal appears to be predominantly an annual mean
[Wuchter et al., 2005; Kim et al., 2008]. Both TEX86 and
Uk′37 may be subject to alteration due to diagenesis [Huguet
et al., 2009] and contamination from secondary inputs
[Thomsen et al., 1998; Weaver et al., 1999; Weijers et al.,
2006], although the diagenetic pathways differ [Liu et al.,
2009]. Alkenones can be transported laterally and can also
be recycled from sediments, placing fossil alkenones or
alkenones synthesized in different environments onto core
tops and potentially biasing Uk′37 temperature estimates
[Thomsen et al., 1998;Weaver et al., 1999]. GDGTs are also
found in soils and can be transported to ocean basins by
rivers, potentially affecting the TEX86 proxy for sites near
river outflow [Weijers et al., 2006]. Enclosed settings may
show calibration lines that are offset from open ocean cali-
bration lines, which suggests that different source popula-
tions may exist [Trommer et al., 2009, 2011]. To improve
SST estimates and to reduce the impact of secondary effects
on temperature signals, it is desirable to use multiple proxies
whenever possible [Liu et al., 2009].
2.2.3. Temperature Time Series
[36] Figure 2 shows different temperature records gener-
ated using the proxies discussed above, including the Mg/Ca
DST record of Lear et al. [2000] and high- and low-latitude
SST records for the EOT [Lear et al., 2008; Liu et al., 2009].
Although existing Mg/Ca DST records show a net cooling
throughout the Eocene, at face value they show either no
significant cooling or even warming at the EOT [Lear et al.,
2000; Billups and Schrag, 2003; Lear et al., 2004; Peck
et al., 2010; Pusz et al., 2011]. This is not consistent with
the cooling that might be expected during a period of rapid
ice growth [Coxall and Pearson, 2007]. The lack of cooling
in the Mg/Ca records at the EOT initially led to the hypoth-
esis that the majority of the oxygen isotope d18O shift at the
EOT is due to an increase in ice mass [Lear et al., 2000] (also
see section 2.3 on d18O). This would necessitate the growth
of a greater ice mass than could be accommodated on
Antarctica, implying that Northern Hemisphere ice sheets
formed much earlier in the Cenozoic than previously thought
[Coxall et al., 2005]. Additional evidence for Northern
Hemisphere glaciation (albeit as isolated glaciers) much
earlier in the Cenozoic was found in ice-rafted debris (IRD)
deposits from the Arctic Ocean [Moran et al., 2006] and off
the coast of Greenland [Eldrett et al., 2007]. However, it has
also been shown that Antarctic land area at the EOT could
have been greater than at present, meaning that more of the
d18O increase can be explained by the growth of Antarctic ice
in combination with cooling [Wilson and Luyendyk, 2009].
In addition, modeling studies suggest that atmospheric CO2
concentrations were above the threshold for bipolar glacia-
tion at this time [DeConto et al., 2008].
[37] More recently, the lack of apparent cooling witnessed
in the deep-sea EOT Mg/Ca records has been attributed
to secondary effects in the Mg/Ca proxy related to the syn-
chronous deepening of the calcite compensation depth
(CCD) [Lear et al., 2004; Coxall et al., 2005]. In addition to
the dominant control on Mg/Ca ratios recorded in forami-
nifera, changes in temperature, the ratio is also affected
by the degree of carbonate saturation of seawater [Martin
et al., 2002]. This secondary control could become signifi-
cant during large changes in carbonate saturation, such as
the lowering of the CCD at the EOT [Lear et al., 2004].
[38] Support for this hypothesis is found from Mg/Ca
data from a shallow water site well above the paleo-CCD,
which show a 2.5°C cooling across the EOT, shown in
Figure 2b [Lear et al., 2008]. Additional evidence for thi-
s explanation is found in other deep-sea, surface, and ter-
restrial temperature proxies that also show a cooling across
the EOT [Dupont-Nivet et al., 2007; Zanazzi et al., 2007;
Katz et al., 2008; Liu et al., 2009; Eldrett et al., 2009]. Liu
et al. [2009] undertook a modeling study based on their
surface temperature results in order to estimate deep-sea
cooling. The model was able to reproduce the observed
high-latitude surface cooling (5°C), and their model gen-
erated a deep-sea cooling of 4°C across the EOT. This
deep-sea cooling could be even greater as Liu et al. [2009]
suggest their (5°C) high-latitude surface cooling may be
a low estimate. Recent work attempting to correct for the
simultaneous influence of changing seawater saturation state
on the EOT deep-sea Mg/Ca records implies a deep-sea
cooling on the order of 1.5°C, although this estimate will
likely be refined as understanding of trace metal proxies
advances [Lear et al., 2010; Pusz et al., 2011]. This 1.5°C of
deep-sea cooling across the EOT is considerably less than
the modeled deep-sea cooling suggested by Liu et al. [2009].
[39] Although the modeling study of DeConto et al.
[2008] did not support bipolar glaciation at the EOT, it did
suggest that, based on the proxy CO2 records of Pearson
and Palmer [2000] and Pagani et al. [2005], the CO2
threshold for bipolar glaciation was crossed 25 Ma,
meaning that ephemeral Northern Hemisphere ice sheets
may have been present much earlier than previously thought.
This potentially means that some of the sea level varia-
tions during the Miocene could be explained by changes
in Northern Hemisphere ice mass. However, this is not
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consistent with the modeling work of de Boer et al. [2010,
2012], who suggested that the threshold for Northern
Hemisphere glaciation was not reached in this period and
that sea level variation in the Miocene was caused by the
Antarctic ice sheets.
[40] The high-latitude SST record of Liu et al. [2009] is
shown in Figure 2c. The cooling shown in Figure 2c at the
EOT is greater than the 5°C of cooling suggested by Liu et
al. [2009] in their original analysis. Liu et al. [2009] pre-
sented the data as a temperature anomaly relative to the
mean temperature for each site prior to the EOT. The data
are shown here as a temperature anomaly relative to modern
temperatures at the paleolocation for the respective sites [Liu
et al., 2009, supplementary information]. Only Southern
Hemisphere sites are included to allow comparison with
Pleistocene Southern Hemisphere data in the later analysis.
[41] The surface temperature records in Figures 2b and 2c
show pre-EOT temperatures significantly warmer than
present in the Southern Hemisphere high latitudes and tem-
peratures only a few degrees warmer in the low latitudes.
This reduced latitudinal temperature gradient (which is even
more pronounced in the early Eocene [Bijl et al., 2009])
presents a paradox: to explain the very warm temperatures in
the high latitudes suggests increased heat transport from the
equator to the poles; however, the reduced temperature
gradient evident from data implies a reduced transport of
heat from the equator to the poles [Huber, 2008]. A full
exploration of this paradox is beyond the scope of this
review, but it should be noted that this reduced latitudinal
temperature gradient in the Eocene remains a significant
area of disagreement between data and climate models
[Hollis et al., 2009].
[42] Lear et al.’s [2000] DST record shows little temper-
ature variation during the early Miocene, before a gradual
cooling at 15 Ma that continues into the Pliocene. This is
partly because the resolution of this record is particularly
low in the Miocene and is unable to pick out the DST var-
iations observed in higher-resolution Mg/Ca records [e.g.,
Shevenell et al., 2008; Lear et al., 2010]. Other paleoclimate
proxies, notably the d18O record from benthic foraminifera
(see section 2.3), suggest deep-sea warming and/or a decrease
in ice volume into the Miocene followed by deep-sea cooling
and/or an increase in ice volume from the middle to late
Miocene [Zachos et al., 2008]. Regional terrestrial paleocli-
mate proxies also show a return to a warmer climate in the
middle Miocene followed by cooling in the late Miocene
[Utescher et al., 2007, 2009, 2011]. A prominent example
of the effect of terrestrial warming into the Miocene is the
change in distribution of crocodilians, which after being
restricted to the lower latitudes during the Oligocene, returned
to higher latitudes of North America in the Miocene. On
the basis of modern climate distributions of crocodilians, the
fossil crocodilian record suggests terrestrial warming in the
Miocene following on from a cooler period in the Oligocene
[Markwick, 1998]. Modeling studies, although not fully con-
sistent with proxy data, have also simulated the warmth of
the middle Miocene followed by cooling to the late Miocene
[Micheels et al., 2007; You et al., 2009].
[43] The temporal resolution of Lear et al.’s [2000] data
set is also too low to resolve the glacial-interglacial cycles of
the Quaternary. In this review we will focus on the data set
of Lear et al. [2000] for the period 10–50 Ma because of its
long duration and as it appears to pick out the broad DST
variations of the Cenozoic, although we acknowledge the
limitations of this low-resolution multisite data set. Although
Lear et al.’s [2000] record does not show a pronounced
cooling at the EOT, it does not show a warming as Billups
and Schrag’s [2003] record does, which subsequent
records suggest is unlikely [Dupont-Nivet et al., 2007;
Zanazzi et al., 2007; Lear et al., 2008; Liu et al., 2009; Lear
et al., 2010]. Additionally, Billups and Schrag’s [2003] data
from the Indian Ocean (ODP 757) show little DST variation
from the Miocene onward and generates unrealistically high
DSTs for the Plio-Pleistocene. We supplement our analysis
with the higher-resolution SST data sets [Lear et al., 2008;
Liu et al., 2009] across the EOT.
2.2.4. Deep-Sea to Surface Temperature Gradient
[44] Surface temperature changes reach the deep sea pri-
marily at regions of deep-water formation, which is pre-
dominantly in the high-latitude regions [e.g., Zachos et al.,
2001]. DST records are therefore suited to a review of the
relationship between temperature and sea level as DST is
strongly coupled to the surface climate at regions of ice
formation. However, the coupling between the deep sea and
the surface may not have remained constant through time.
As previously discussed, there is a significant discrepancy
between the DST records, based on Mg/Ca, and the surface
records of temperature across the EOT due to secondary
effects [Lear et al., 2000, 2004; Liu et al., 2009; Eldrett
et al., 2009]. In addition, changes in ocean circulation and
stratification over the past 50 Ma may have affected the
deep-sea to surface temperature gradient and may explain
some of the changes in DST [Cramer et al., 2009; Katz
et al., 2011].
[45] The Drake Passage opened and then gradually
widened and deepened in the middle Eocene through the
Oligocene as South America separated from Antarctica
[Kennett, 1977; Nong et al., 2000]. This opening, in addition
to the opening of the Tasman gateway between Antarctica
and Australia in the late Eocene to early Oligocene, led to
the development of the Antarctic Circumpolar Current
(ACC). Modeling studies suggest that the development of
the ACC caused a reorganization of ocean currents, leading
to a warming of 3°C–4°C of the high-latitude Northern
Hemisphere surface waters and a cooling of a similar mag-
nitude in the high-latitude Southern Hemisphere surface
waters [Toggweiler and Bjornsson, 2000; Nong et al., 2000;
Najjar et al., 2002]. These model results suggest that the
deep sea also cooled by 2°C–3°C, a slightly lower mag-
nitude than the surface southern high latitudes [Nong et al.,
2000; Najjar et al., 2002].
[46] It is possible that feedbacks from the formation of a
continental sized East Antarctic Ice Sheet (EAIS) across the
EOT generated regional cooling and enhanced sea ice cover
[DeConto et al., 2007]. If this enhanced cooling were
transmitted to the deep sea, this could explain why the d18O
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shift across the EOT is greater in deep-sea records than low-
latitude surface records [Pearson et al., 2008; Lear et al.,
2008]. This change in ocean currents due to the opening of
gateways, and potentially the regional cooling due to the
formation of the EAIS and enhanced sea ice cover, may have
changed the surface to DST gradient. However, the coupling
between the deep sea and the surface is still strongest with
the regions of major ice formation during the study period,
the high-latitude Southern Hemisphere. The ocean restruc-
turing that occurred during this period may also have gen-
erated interbasinal divergence [Cramer et al., 2009; Katz
et al., 2011], which is discussed in more detail in section
2.3 and has potential implications for multibasin composite
proxy records such as the deep-sea Mg/Ca record of Lear
et al. [2000].
2.3. Benthic Oxygen Isotopes and Ice Volume
[47] The oxygen isotope composition of foraminiferal
calcite provides a record of climate changes throughout the
Cenozoic. The three stable isotopes of oxygen, 16O, 17O, and
18O, have natural abundances of 99.76%, 0.04%, and 0.20%,
respectively [Rohling and Cooke, 1999]. The ratio of 18O to
16O is generally the more useful for climate research because
of the higher natural abundance of 18O compared to 17O and
the greater mass difference between 18O and the predomi-
nant 16O. A sample is analyzed using a mass spectrometer
and conventionally presented using delta (d) notation rela-
tive to an international standard, which is also analyzed
[Rohling and Cooke, 1999]. During evaporation of water
from the ocean, fractionation occurs because of preferential
evaporation of the lighter 16O isotope. Therefore, freshwater
removed from oceans by evaporation has a low isotopic ratio
relative to the source seawater. Fractionation also occurs
during condensation, with the heavier 18O isotope preferen-
tially condensed. As atmospheric vapor is transported away
from its source region, condensation during transport means
the remaining vapor becomes more and more depleted in
18O. Rainout from atmospheric vapor that has been trans-
ported a long way, i.e., from the low to high latitudes, will be
very depleted in 18O [Dansgaard, 1964]. The buildup of ice
sheets from isotopically light (depleted in 18O) precipitation,
and subsequent storage of 16O in ice sheets, will cause the
oceans to become enriched in 18O. The d18O values of sea-
water are therefore affected by storage of the lighter 16O
isotope in ice sheets [Shackleton, 1967]. In addition to this
ice volume component, temperature-dependent fractionation
occurs when the oxygen isotopes are incorporated into cal-
cite tests of foraminifera [Urey, 1947]. Increases in benthic
foraminiferal d18O suggest deep-sea cooling and increased
ice storage on land [Zachos et al., 2001].
[48] Benthic foraminiferal d18O data from multiple sites
have been compiled to create d18O stacks [Miller et al.,
1987; Zachos et al., 2001; Lisiecki and Raymo, 2005;
Zachos et al., 2008]. The compilation of Zachos et al. [2008]
is shown in Figure 3. Starting in the early Eocene, Figure 3
shows a broad increase in benthic d18O throughout the
Eocene with a rapid but brief reversal in the d18O trend at
40 Ma, a period known as the Middle Eocene Climatic
Optimum (MECO [Zachos et al., 2008]). A significant
transition at the EOT is seen as an abrupt increase in benthic
d18O of 1.5‰, due to ice growth and/or declining DST
[Zachos et al., 2008; Liu et al., 2009]. The most established
view of the evolution of Cenozoic ice sheets places the first
inception of a continent sized ice sheet on Antarctica at the
EOT [Zachos et al., 2001]. In older compilations there was
a rapid 1.0‰ benthic d18O decrease during the late
Oligocene, which had been interpreted as being due to
warming and significant ice loss [Miller et al., 1987; Zachos et
al., 2001]. More recent records suggest instead that this rapid
decrease in benthic d18O was an artifact caused by data being
combined from regions with contrasting thermal histories [e.g.,
Pekar et al., 2006]. A later compilation with data from more
regions removes this artifact [Zachos et al., 2008]. The benthic
d18O values remain relatively stable throughout the early
Miocene before continuing to increase after the Middle Mio-
cene Climatic Optimum (MMCO) across the middle Miocene
climate transition (14 Ma) [Zachos et al., 2008].
[49] Although a climate trend can be interpreted from the
raw benthic d18O data, separating the signal into a quanti-
tative record of ice volume or DST, until recently, has
required an independent record of one of the components
from which the other component can then be calculated
[e.g., Lear et al., 2000; Waelbroeck et al., 2002]. However,
this leads to the errors in the independent DST or ice volume
record being translated to the calculated component. Alter-
natively, the relative contributions from these components
can be estimated using ice sheet models constrained by the
d18O observational data that solve changes in the ice volume
and change in DST simultaneously [de Boer et al., 2010].
In principle, the d18O data can also be used as a test for
independent sea level and DST data, which can be combined
to create a synthetic d18O record using a simple calibration
(see section 5.3).
[50] The benthic d18O record is also susceptible to the
changes in ocean circulation discussed in section 2.2, which
occurred during the Eocene and Oligocene with the opening
of ocean gateways. Cramer et al. [2009] created a new
benthic d18O compilation separated by ocean basin, in con-
trast to the Zachos et al. [2001, 2008] multibasin compila-
tion. This showed interbasinal homogeneity from 65 Ma to
35 Ma shifting to heterogeneity from 35 Ma to present.
This was attributed to the development of the ACC and
ocean current reorganization at the EOT [Cramer et al.,
2009]. Katz et al. [2011] suggest that the modern four-
layer ocean structure also developed in the early Oligocene
because of the development of the ACC. Interbasinal het-
erogeneity is clearly a potential source of uncertainty in
multibasin paleoclimate compilations [i.e., Lear et al., 2000;
Zachos et al., 2008] and brings into question how repre-
sentative multibasin compilations are of the global climate
[Cramer et al., 2009].
3. MODELING
[51] Modeling approaches to estimating Cenozoic ice
volume and temperature can be broadly divided into physics
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based approximations using general circulation models
(GCMs) and ice sheet models [Pollard and DeConto, 2005;
Huybrechts, 1993] and observation-constrained modeling,
which also uses ice sheet models [Bintanja et al., 2005a; de
Boer et al., 2010].
3.1. Observation-Constrained Forward Modeling
[52] As the d18O record is a mixed climate signal, an
alternative method of separating the components of the d18O
signal has been developed, which uses ice sheet models
constrained by the input d18O data [Bintanja et al., 2005a,
2005b; de Boer et al., 2010]. In summary, this approach uses
1-D models (and 3-D models for 0–3 Ma) of the North
American, Eurasian, Greenland, West Antarctic, and East
Antarctic ice sheets in a routine that is forced to follow the
input benthic d18O observational data. The work of de Boer
et al. [2010] is based on earlier work by Bintanja et al.
[2005a, 2005b] but extended over the past 40 Ma. This
method creates modeled estimates of Northern Hemisphere
surface temperature, DST, ice volume, sea level, and benthic
d18O. The Northern Hemisphere surface temperature and sea
level data are shown in Figures 1 and 2, and the Northern
Hemisphere surface temperature and sea level data are
plotted against each other in Figure 4.
[53] De Boer et al. [2010] use ice sheet models to calculate
the separate ice volume and DST components of the benthic
d18O signal. For each time step, the ice sheet models require
a temperature anomaly as input. The temperature anomaly
is calculated from the difference between the modeled
d18O (d18Ob) at the current time step and the observed d
18O
(d18Oobs) 100 years later (the inverse routine). This
d18O anomaly over the 100 year interval is converted to a
Northern Hemisphere temperature anomaly using a Northern
Hemisphere temperature to benthic d18O response param-
eter. An assumption of this approach is that Northern
Hemisphere temperature is the predominant control on the
benthic d18O record through its coupling with DST and
forcing of ice growth. With this input, the ice sheet models
can calculate a new ice volume, DST, and d18Ob signal for
the next 100 years. The inverse routine is optimized to
minimize the difference between the modeled and observed
d18O signals and to satisfy independent climate constraints
[Bintanja et al., 2005a, 2005b; de Boer et al., 2010].
[54] The inverse routine is sensitive to multiple parameters
that can be tuned to satisfy independent sea level and tem-
perature data. Northern Hemisphere temperatures are trans-
lated to DSTs using a response parameter. Northern
Hemisphere temperatures are averaged over 3000 years to
take into account the slow response of the oceans to atmo-
spheric temperature change [Bintanja et al., 2005a]. To
represent changes in the Greenland and Antarctic ice sheets,
the Northern Hemisphere temperature is linearly related to
these regions by taking into account the different geo-
graphical location and altitude of these ice sheets. A sensi-
tivity test suggested that changing these parameters can
affect the long-term (3–35 Ma) sea level and Northern
Hemisphere temperature averages by 6 m and 2°C.
De Boer et al. [2010] select optimum values of these
parameters based on agreement with the tuning parameters,
such as LGM sea level 120 m lower than present [Rohling
et al., 2009] and a sea level fall of 40 m in the earliest
Oligocene [DeConto and Pollard, 2003a].
[55] The study by de Boer et al. [2010] uses 1-D ice sheet
models. This method has also been applied using a 3-D
model over the past 3 Ma [Bintanja and van de Wal, 2008],
and the 1-D results are similar over this period [de Boer
et al., 2010]. Equilibrium studies using both 1-D and 3-D
models over North America suggest that the oversimplified
geometry in the 1-D model means hysteresis effects seen in
the 3-D results are not replicated [Wilschut et al., 2006].
Figure 4. De Boer et al.’s [2010] observation-constrained
forward modeled sea level and Northern Hemisphere surface
air temperature. Solid line is smoothed using a center-
weighted running mean with a window size of 0.05°C.
Error bars are calculated as 2 standard deviations of the data
range 0.25°C of each data point.
Figure 3. Stack of benthic foraminifera d18O data, showing
Zachos et al.’s [2001] stack (light blue) and Zachos et al.’s
[2008] updated stack with more data (red line and black
dots). The additional data remove the artifact of a rapid
decrease in benthic d18O toward the end of the Oligocene
in Zachos et al.’s [2001] compilation. Raw data (black
points) are smoothed with a 5-point running mean, as per
Zachos et al. [2001], and curves are calculated using the
smoothed data with an additional center-weighted running
mean with a constant window size of 0.2 Ma.
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Indeed, de Boer et al. [2010] suggested that the use of 3-D
models was possible scope for a future study. The hysteresis
in the study of Wilschut et al. [2006] using 3-D models
means that a certain temperature can be related to several
sea level stands depending on the evolution of the system
over time.
[56] De Boer et al. [2010, 2012] explore the relationship
between sea level and Northern Hemisphere surface tem-
perature in their observation-constrained model results; this
is reproduced in Figure 4 for Northern Hemisphere surface
temperature against sea level. Clearly present in their results
are the broad climate states of the past 35 Ma, going from
unglaciated conditions to partial glaciation with an East
Antarctic Ice Sheet, then going to interglacial conditions
with the additional growth of the Greenland Ice Sheet and
the West Antarctic Ice Sheet (WAIS), and finally, going to
glacial conditions with additional Northern Hemisphere ice
sheets [de Boer et al., 2012]. Their results suggest that the
relationship between sea level and temperature (both deep
sea and Northern Hemisphere surface) has not remained
constant (i.e., linear) over the past 35 Ma. Sea level appears
less sensitive to temperature for sea levels approximately
between 2 m and 12 m relative to present (see Figure 4).
This suggests that interglacial periods, when sea level is
similar to present, are relatively stable in the context of
variation over the past 35 Ma [de Boer et al., 2010]. This is
seen in the relative contributions to the d18O signal from
DST and ice volume. From the middle Miocene (12–13 Ma)
until 3 Ma, when sea level in de Boer et al.’s [2010]
reconstruction is 10 m above present, the dominant con-
tribution is from DST, with very little contribution from
changing ice volume. It is likely that the lack of ice volume
contribution is due to the EAIS being bound by the limits of
the continent and Northern Hemisphere temperatures being
above the threshold for widespread Northern Hemisphere
glaciation. For temperatures warmer than present, the rela-
tionship between Northern Hemisphere surface tempera-
ture and sea level (and also DST and sea level, not shown here)
shows a single-stepped, sigmoidal form [de Boer et al., 2010].
[57] As this modeling approach is based on the global
compilation of benthic d18O data, it is also susceptible to
potential errors from interbasinal divergence, discussed in
the work by Cramer et al. [2009] and in section 2.3. This
modeling approach also assumes a constant deep-sea to
surface temperature ratio [de Boer et al., 2010]; for reasons
discussed in sections 2.2 and 2.3, the deep-sea to surface
temperature gradient may have changed on this long time-
scale [Nong et al., 2000; Najjar et al., 2002], and this
may be a potential source of error in the results of de Boer
et al. [2010].
3.2. GCM–Ice Sheet Modeling
[58] There are various methods of modeling past ice
volume using GCMs and ice sheet models [Pollard, 2010].
This review is interested in how ice sheets have evolved in
response to changes in temperature forcing and therefore
will focus on modeling studies with transient forcing rather
than time slice studies. Ice sheet models can be coupled with
general circulation models to simulate long-term climate
changes, with approximate feedbacks between the ice and
climate systems. Although a full coupling between a GCM
and an ice sheet model would be desirable, for multimillion
year integrations this is currently not feasible given the high
computational expense of running GCMs. Because of the
discrepancy between the time taken for the climate system to
approach equilibrium and for ice sheets to reach equilibrium,
an asynchronous coupling can be used [e.g., DeConto and
Pollard, 2003a, 2003b]. The climate system can be per-
turbed by slowly changing the atmospheric CO2 concentra-
tion with the climate system in quasi-equilibrium and the ice
sheets slowly varying because of orbital and greenhouse gas
forcing [Pollard and DeConto, 2005].
[59] DeConto and Pollard [2003a, 2003b] used an asyn-
chronous method to study the thresholds for inception of
the EAIS at the EOT. Their method is split into two stages:
(1) The GCM is used to provide extrapolated forcings for a
much longer ice sheet simulation for different orbital con-
figurations and CO2 concentrations. An initial GCM run
provides a mass balance for a 10 ka ice sheet simulation.
At the end of the ice sheet run, and at subsequent 10 ka
intervals, the GCM is run again with the updated ice sheet
extent and a new orbital configuration. The ice sheet model
provides feedback over each 10 ka interval because of
albedo and topography changes. The orbital configurations
are idealized representations of precession, obliquity, and
eccentricity. This is completed for atmospheric CO2 con-
centrations of 560 and 840 ppm (2  and 3  preindustrial
CO2). The GCM data are stored for the next stage [Pollard
and DeConto, 2005]. (2) In the next stage, a 10 Ma ice
sheet model simulation is completed. This is updated every
200 years with a new mass balance calculated using linear
extrapolation of the GCM data. This creates an approxima-
tion of orbital cycles at a high temporal resolution. The
extrapolation includes a linearly declining CO2 concentra-
tion. The calculations take into account the logarithmic
effect of CO2 forcing on temperature change via radiation
theory. The mass balance calculations correct for changing
elevation due to changes in the size of the ice sheet, so
height–mass balance feedback is represented. Albedo feed-
backs on timescales longer than the first integration (10 ka)
are not represented [Pollard and DeConto, 2005]. This
method can be modified to investigate the effect of ocean
gateways being opened or closed, the effect of mountain
uplift, and the effect of orbital variations [DeConto and
Pollard, 2003a; Pollard and DeConto, 2005].
[60] Modeling studies of the forcings required to form an
ice sheet on Antarctica suggest that ice growth responds non-
linearly to changing temperature [Oerlemans, 2004]. This
nonlinearity is caused by feedbacks such as height–mass bal-
ance feedback (the additional cooling caused by the tempera-
ture gradient in the atmosphere as an ice sheet grows vertically),
precipitation feedback, and ice-albedo feedback [Oerlemans,
2002; Notz, 2009]. The initiation of glaciation displays a
threshold response, with growth starting as the descending
snow line intercepts high topographic regions [Oerlemans,
1982; Pollard, 1982; DeConto and Pollard, 2003a].
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[61] In Figure 5, the model output from Pollard and
DeConto [2005] for the formation and melting of the East
Antarctic Ice Sheet is shown. The original CO2 axis is con-
verted to a temperature (average global surface) axis using
the climate sensitivity of their GCM (2.5°C per doubling of
CO2 [Thompson and Pollard, 1997]) and accounting for
the logarithmic dependence of temperature to CO2. The data
are reversed on both axes for consistency with the other
figures shown here. Ice volumes are converted to sea levels
assuming an ice-free sea level of 64 m above present [Lythe
and Vaughan, 2001; Bamber et al., 2001; Lemke et al.,
2007] and adjusting for the change in volume with change
in state from ice to seawater. The original CO2 forcing and
model time is included but converted to a logarithmic scale.
[62] The results of DeConto and Pollard [2003a, 2003b]
show the formation of ice on Antarctica in multiple stages
under various atmospheric CO2 concentrations. With a high
atmospheric CO2 concentration of 8  preindustrial CO2
(PIC), equal to 2240 ppmv, ice is limited to mountain gla-
ciers in the Transantarctic Mountains and Dronning Maud
Land. Isolated ice caps first form in the high-elevation
regions of Dronning Maud Land and the Gamburtsev and
Transantarctic Mountains as atmospheric CO2 decreases to
3–4  PIC (1120–840 ppmv). In the model, as CO2 falls to
2.7  PIC (760 ppmv) a threshold is crossed and height-
mass balance feedback leads to the three isolated ice caps
coalescing into a continent sized ice sheet. Although there
are multiple “steps” in their results, there are two major steps
marking (1) the transition from no ice to isolated mountain
ice caps and (2) the transition to a full ice sheet (see
Figure 5a). The total sea level shift in this two-step model of
Pollard and DeConto [2005] is on the order of 50 m (33 m
after accounting for hydroisostasy for comparison with the
NJ record [Pekar et al., 2002]); Figure 5 does not include
other causes of sea level change, such as thermosteric sea
level change.
[63] A study of forward (inception) and reverse (deglaci-
ation) model runs investigated ice sheet hysteresis (repro-
duced in Figure 5) [Pollard and DeConto, 2005]. Starting
with no ice, a descending snow line generates rapid ice mass
gains as it meets the mountain regions. Once a full conti-
nental ice sheet has formed, the snow line must rise con-
siderably higher to achieve negative net mass balance and
initiate broad-scale retreat. This is because the steep outer
slopes of the ice sheet and the atmospheric lapse rate require
much warmer conditions to produce enough surface melt
area around the margins to overcome the net interior snow-
fall (which at present is balanced by Antarctic iceberg and
shelf discharge) [Oerlemans, 2002; Pollard and DeConto,
2005]. In the model runs for the EAIS, this hysteresis
equates to a difference of 0.5  PIC between forward and
reverse runs. Although the forward run required atmospheric
CO2 to descend past 2.7  PIC for inception to begin, the
reverse run required atmospheric CO2 to rise above 3.2 
PIC (900 ppmv) for deglaciation to begin. These runs
include orbital variations; without orbital variations, the
hysteresis is greater. The model shows formation of ice in a
series of steps between multiple quasi-stable states. There is
a stable state just after the formation of ice in mountain
regions as further growth is limited by the extent of the
mountain ranges. The snow line has to descend further with
additional cooling before there is additional growth. With
the continent fully glaciated, further growth is inhibited
when the ice sheet reaches the coastline [Pollard and
DeConto, 2005].
[64] As noted in the work by Pollard and DeConto
[2005], the asynchronous coupling method used for
Figure 5 poorly represents albedo feedback on longer than
orbital timescales. Ongoing work with improved coupling
schemes suggests that the major no-ice to continental ice
transitions are steeper than in Figure 5, and the hysteresis
(i.e., difference between CO2 levels of inception and degla-
ciation) is considerably more pronounced.
[65] The observation-constrained modeling work of de Boer
et al. [2010] displays a single-step form for temperatures
warmer than present, not a two-step form seen in the work of
Pollard and DeConto [2005]. The two-stepped hypothesis is
based on isolated ice caps initially forming in mountain
regions prior to coalescing into a continental sized ice sheet
with further cooling [Pollard and DeConto, 2005]. A pos-
sible reason that the work of de Boer et al. [2010] does not
show this form is that the ice sheets used in their initial study
used 1-D ice sheet models, with a simplified geometry. It
is possible that if this work were completed with 3-D ice
sheet models then a two-stepped form could be apparent,
with the inclusion of the initial isolated ice cap phase.
4. SEA LEVEL VERSUS TEMPERATURE: METHODS
[66] Here we consider the possible forms for the relation-
ships between DST to sea level and SST to sea level over the
past 50 Ma. For the period 10–50 Ma the DST data used are
Lear et al.’s [2000] benthic Mg/Ca record, and the sea level
data used are Kominz et al.’s [2008] NJ sequence stratigra-
phy record. For the SST relationship with sea level, we use
the same sea level record of Kominz et al. [2008] and addi-
tional SST records for the high-latitude Southern Hemi-
sphere [Liu et al., 2009] and low latitudes [Lear et al., 2008]
for the EOT. Additional Plio-Pleistocene data are shown on
the plots. We test three functions, a linear function and sin-
gle- and double-stepped nonlinear functions, which are
based on previous publications exploring the relationship
between temperature and sea level [Pollard and DeConto,
2005; Archer, 2006; de Boer et al., 2010]. As this review
is focused on the deep-time relationship between tempera-
ture and sea level, the Plio-Pleistocene data are shown as a
guide and are not used when fitting the different functions.
As the DST record is more complete, the majority of this
review focuses on the relationship between DST and sea
level, with the SST to sea level relationship investigated over
the EOT. These changes are for the long-term response
of sea level to SST or DST, with ice sheets approaching
equilibrium with climate over 105–106 years.
4.1. Interpolation
[67] The temporal resolutions of the different records used
in this synthesis vary. The Mg/Ca data set of Lear et al.
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[2000] has a resolution of 1 Ma and does not resolve
shorter climatic events. Kominz et al.’s [2008] sea level
record has a temporal resolution of 0.1 Ma, although the age
control is significantly worse, at 0.5 Ma [Kominz et al.,
2008]. To compare these two data sets, the sea level data
are first reduced to the same lower temporal resolution of
Lear et al.’s [2000] data set. The higher-resolution sea level
data are smoothed using a center-weighted running mean
and a window size of0.5 Ma; the data are then interpolated
with a 1 Ma frequency. Smoothing in this manner leads to
the loss of some of the high-frequency sea level variability in
the record, but major transitions, such as the EOT sea level
fall, are preserved. For the SST records, the sea level data are
interpolated using the same method but to a 0.1 Ma resolu-
tion for the low-latitude record and to a 0.25 Ma resolution
for the high-latitude Southern Hemisphere record.
[68] The different records all span the EOT, a period of
major sea level change; however, they all have different
durations. Kominz et al.’s [2008] sequence stratigraphy data
are not available from 10 Ma to present, so data are shown
from 10 to 50 Ma, which is the maximum age of Lear et al.’s
[2000] data set. The high-latitude Southern Hemisphere SST
data of Liu et al. [2009] are shown from 32 to 36.5 Ma,
which is the period of peak data density in their record. The
low-latitude SST data of Lear et al. [2008] cover the period
from 33.4 to 34.5 Ma. Therefore, there are significant data
gaps on the plots; in particular, the Miocene is not covered
for the SST to sea level synthesis.
[69] Lear et al. [2000] used four core locations for their
compilation. The site from which the most recent samples
(exclusively for period 0–6 Ma) were obtained was DSDP
Site 573. Modern DST for this site is 1.4°C (from NODC_
WOA98 provided by the NOAA/OAR/ESRL PSD, Boulder,
Colorado, http://www.esrl.noaa.gov/psd/). The Mg/Ca DST
data are shown as an anomaly relative to this modern-day
value. Liu et al. [2009] provide modern paleolocation tem-
peratures for all of their sites. The high-latitude Southern
Hemisphere SST data are presented here as anomalies
relative to the modern value for each site. Lear et al.’s [2008]
record comes from an exposed shelf; the data are shown here
as anomalies relative to a modern SST value of 27.1°C
(NODC_WOA98), taken from the coast immediately to the
east of the core site.
[70] A best and a low and high estimate are provided with
the NJ highstand data. The low and high estimate is calcu-
lated as being 60% and 150% of the best estimate, respec-
tively. Therefore, the best estimate is not the midpoint of the
estimate range; the skewed errors are a result of using fora-
minifera habitat ranges as a water depth indicator, the errors
of which increase with increasing water depth [Kominz
et al., 2008]. In order to carry out the regression, we
require a symmetric error distribution. We calculate a mid-
point from the asymmetrical (triangular) error distribution
Figure 5. Pollard and DeConto’s [2005] GCM–ice sheet modeled results, for the East Antarctic Ice
Sheet only (the WAIS is not fully represented). Data are converted to a temperature scale from the original
CO2 scale using the climate sensitivity of their model (2.5°C for a doubling of CO2 [Thompson and
Pollard, 1997]) and accounting for the logarithmic relationship between temperature and CO2. The
original axes of Pollard and DeConto [2005] are included but converted to an appropriate logarithmic
scale. The ice volumes of the original figure are converted to sea level assuming ice-free sea level of
64 m above present [Lemke et al., 2007] and accounting for the change in volume with change in
state from ice to seawater. The high-frequency oscillations in the data in Figure 5a are due to idealized
Milankovitch orbital forcing.
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and create a synthetic data set that has symmetric errors (see
Figure 1). Errors are not provided for the conceptual low-
stand data [Kominz et al., 2008], although lowstand errors
are likely to be larger than the highstand errors; here we use
lowstand errors of 50 m. The Mg/Ca DST curve is calcu-
lated using a weighted local regression of the raw data [Lear
et al., 2000]. Here we repeat this regression and obtain an
error estimate from the raw data. Errors on the DST data are
also unevenly distributed, and again we create a synthetic
data set with a symmetric distribution.
4.2. Sea Level Versus Temperature Crossplots
[71] For each of the crossplots, additional data for the Plio-
Pleistocene are shown to provide a reference for the rela-
tionship between the relevant temperatures and sea level for
cooler climates. Figure 6 includes DST and Red Sea sea
level data [Siddall et al., 2003] compiled by Siddall et al.
[2010a]. This highlights that as DSTs approach the freez-
ing point for seawater (also highlighted in Figure 6) they
show very little variation [Siddall et al., 2010a]. Figure 7
includes Antarctic air temperature and sea level data for
the last 500 ka [Rohling et al., 2009]; again the sea level data
come from the Red Sea record [Siddall et al., 2003; Rohling
et al., 2009]. The proxy Antarctic air temperatures come
from deuterium isotope (dD) data from EPICA Dome C
[Jouzel et al., 2007] and are presented as an anomaly relative
to average temperature over the past 1 ka [Rohling et al.,
2009]. Figure 8 uses temperature data from a low-latitude
SST stack from five tropical sites in the major ocean basins
using the Uk′37 proxy [Herbert et al., 2010] and Mg/Ca of
planktic foraminifera [Medina-Elizalde and Lea, 2005].
We repeat the stacking method outlined by Herbert et al.
[2010, supplementary information] but calculate tempera-
tures as an anomaly relative to the average of the past 3 ka.
Again the Plio-Pleistocene sea level data come from the Red
Sea record [Siddall et al., 2003; Rohling et al., 2009].
[72] All of the plots of sea level against temperature
exhibit a positive correlation. This relationship is expected
because of thermal expansion and changing land ice
volumes with changing temperature. There is an additional
component to the sea level record that may not be directly
related to temperature: the change in ocean basin volume.
However, it is possible that there is a common driving
mechanism: decreased seafloor spreading could cause a
decline in atmospheric CO2, resulting in increased basin
volume (i.e., lower sea level) and decreased temperature
[Larson, 1991; Miller et al., 2009a]. The sea level record
may contain regional tectonic influences, which are not
related to temperature change (see section 2.1). The thermal
expansion gradient assuming ice-free conditions (54 m
above present at NJ margin for present temperature [Pekar
et al., 2002; Miller et al., 2005a]) is shown on all of
the plots (Figures 6–8) as a guide to how much of the NJ
sea level variability is likely due to thermal expansion
and glacioeustasy.
[73] In Figure 6 when the data are connected in time series
(black line in Figure 6), it is possible that there is a two-
stepped relationship between the DST data of Lear et al.
Figure 6. Deep-sea temperature against regional sea level crossplot. Dark red error bars are for Kominz
et al.’s [2008] New Jersey regional sea level against Lear et al.’s [2000] Mg/Ca deep-sea temperature
anomaly (this review). Shown connected in time order (black line). Blue bars highlight the two steps
discussed in the text. Grey boxes are Plio-Pleistocene deep-sea temperature and sea level data from the
Red Sea [Siddall et al., 2010a]; the vertical gray dot-dashed line is the freezing point for water for the
deep-sea temperature data used in the work by Siddall et al. [2010a], showing decreased deep-sea temper-
ature variability as the freezing point is approached. The sloped red dashed line is the ice-free thermal
expansion gradient, assuming an ice-free NJ sea level of 54 m and a thermal expansion of 1 m per °C
[Miller et al., 2009a].
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[2000] and the sea level data of Kominz et al. [2008]. This is
potentially in agreement with the modeling work of Pollard
and DeConto [2005] although the total sea level shift is
greater than the 50 m (33 m after accounting for hydro-
isostasy) shift seen in the work by Pollard and DeConto
[2005] (Figure 5) as the sea level record used here includes
thermosteric and ocean basin volume components. The two-
step form seen in the study by Pollard and DeConto [2005]
is solely due to glacioeustasy from the formation of the
EAIS. An additional difference between the two-step form
seen in the work of Pollard and DeConto [2005] and that
seen here is the time scale. The two steps occurring in
Pollard and DeConto’s [2005] study take place over a
duration of 200 ka as their study is interested in glacial
inception at the EOT. The two steps in this review are sep-
arated by10 Ma. A first step occurs at 42–44 Ma (hereafter
step A), and there is a second step (hereafter step B) at 33–34
Ma coinciding with the EOT. The lack of cooling in the DST
record at the EOT should be taken into consideration when
interpreting these steps. The lack of cooling accentuates step
B at the EOT. Other temperature proxies suggest that there
was cooling at the EOT [Dupont-Nivet et al., 2007; Zanazzi
et al., 2007; Lear et al., 2008; Liu et al., 2009; Lear et al.,
2010], and deep-sea cooling may have been on the order
of 1.5°C [Lear et al., 2010; Pusz et al., 2011]. In Figure 9,
the DST data prior to the EOT are shifted by +1.5°C to take
into account cooling at the EOT. This results in the steepness
of step B, as seen in Figure 6, being reduced. The SST plots,
Figures 7 and 8, also span the EOT. The steep step B seen
in the DST plot (Figure 6) is not evident in the SST plots.
This again suggests that the steepness of step B in the DST
plot is an artifact of the lack of cooling in the DST data
across the EOT.
[74] Because the Mg/Ca temperature proxy is affected by
past variations in seawater Mg/Ca [Lear et al., 2000; Billups
and Schrag, 2003] (see section 2.2), the absolute DST
values can vary depending on the seawater Mg/Ca scenario
used. DSTs using the favored scenario of Lear et al. [2000]
and the extreme scenarios of Lear [2007] are shown in
Figure 10 plotted against NJ sea level. It is unlikely that
seawater Mg/Ca has remained constant over the past 50 Ma
[Wilkinson and Algeo, 1989; Lowenstein et al., 2001; Dickson,
2002; Coggon et al., 2010], as per Figure 10a. However, it is
possible that seawater Mg/Ca was lower than the preferred
scenario of 3.85 mol mol1 at 50 Ma [Lear et al., 2000;
Lowenstein et al., 2001; Dickson, 2002; Coggon et al., 2010],
as per Figure 10c, where a value of 1.5 mol mol1 at 50 Ma,
linearly increasing to present, is used; although it is difficult to
reconcile this Mg/Ca temperature scenario with the benthic
d18O records assuming early Cenozoic ice-free conditions.
As such, the absolute Mg/Ca DST values should be inter-
preted with caution.
Figure 7. High-latitude Southern Hemisphere surface temperature against regional sea level. Dark green
error bars are for Kominz et al.’s [2008] New Jersey regional sea level against Liu et al.’s [2009] TEX86
and Uk′37 SST for high-latitude Southern Hemisphere sites, shown as an anomaly relative to modern SST.
The dark green data cover the EOT, with data from 32 to 36.5 Ma with a 0.25 Ma resolution. There is a
data gap from the end of the dark green data at 32 Ma to the Plio-Pleistocene data. The gray dots show
Pleistocene data (0–500 ka); the gray box is for the mid-Pliocene [Rohling et al., 2009]. The gray dots
from Rohling et al. [2009] are for Antarctic air temperature based on dD and sea level data from the
Red Sea [Siddall et al., 2003]. The gray line is the preferred exponential fit between temperature and
sea level of Rohling et al. [2009]. The sloped red dashed line is the ice-free thermal expansion gradient,
assuming ice-free NJ sea level of 54 m and a reduced thermal expansion gradient of 0.5 m per °C,
to account for polar amplification [e.g., Siddall et al., 2010a].
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[75] The Cenozoic temperature trend is dominated by
cooling, with shorter warm reversals. Hysteresis effects
mean that the sea level thresholds may be at different tem-
peratures for warming compared to cooling (see section 3.2
and Figure 5). Because of the long response time of the
ice sheets, the relationship shown represents sea level
in approximate equilibrium with temperature. The very
long-term relationship between DST or SST and sea level
investigated in this review is therefore not directly relatable
to potential future surface warming on centennial timescales.
4.3. Function Selection
[76] The first function we test against the temperature and
sea level data is a linear function. A linear form for the
Figure 8. Low-latitude sea surface temperature against regional sea level. The dark blue error bars are
for Kominz et al.’s [2008] New Jersey regional sea level against Lear et al.’s [2008] Mg/Ca sea surface
temperature from Tanzania for the EOT. The dark blue data cover the period from 33.4 to 34.5 Ma, with
a resolution of 0.1 Ma. Plio-Pleistocene data are shown in gray, with low-latitude SST data from the stack
by Herbert et al. [2010] and sea level data from the Red Sea record [Siddall et al., 2003; Rohling et al.,
2009]. Pleistocene data for 0–500 ka are shown as gray crosses; a mid-Pliocene data point is shown as
a gray box. The sloped red dashed line is the ice-free thermal expansion gradient, assuming an ice-free
NJ sea level of 54 m and a thermal expansion of 1 m per °C [Miller et al., 2009a].
Figure 9. Deep-sea temperature against regional sea level. Data as per Figure 6 but with data prior to
the EOT shifted by +1.5°C [Lear et al., 2010; Pusz et al., 2011] to account for EOT cooling not seen
in Lear et al.’s [2000] record.
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temperature to sea level relationship is suggested by Archer
[2006] and also reproduced by Jaeger et al. [2008]. This is
based on LGM, middle Pliocene, and Eocene temperature
and sea level estimates, periods when temperature and sea
level were significantly different to present. Archer [2006]
uses LGM sea level of 120 m lower than present
[Fairbanks, 1989] and temperatures of 4°C–7°C colder than
present [Waelbroeck et al., 2002; Schneider von Deimling
et al., 2006; Rahmstorf, 2007]. In the middle Pliocene
(3 Ma), Archer [2006] suggests that temperatures were
2°C–3°C warmer than present and sea level was 25–35 m
higher than present [Dowsett et al., 1994]. In the late Eocene
(40 Ma), Archer [2006] suggests that temperatures may have
been 4°C–5°C warmer than present and sea level was 70 m
higher than present, i.e., assuming ice-free conditions but
not correcting for isostatic effects [e.g., Miller et al., 2009a].
This temperature estimate, comparable to Covey et al.’s
[1996] estimate, is lower than more recent Eocene tempe-
rature estimates. Covey et al.’s [1996] Eocene surface
temperature estimate was based on an integration of a tem-
perature anomaly against latitude profile. This included
Eocene low-latitude temperatures that were cooler than
present, based on d18O of planktic foraminifera [Zachos
et al., 1994]. It is acknowledged that the planktic d18O
values, on which these cool low-latitude SSTs are based, are
affected by diagenesis, meaning that the signal is contami-
nated with cooler deeper ocean temperatures [Zachos et al.,
1994; Pearson et al., 2007]. Therefore, it is likely that this
Eocene temperature estimate is too low.
[77] The approach of Archer [2006] is recreated in the
insets of Figures 11–13 with a linear function that is forced
through the origin, i.e., constrained to modern sea level and
temperature. Their approach is intended as a tentative
approximation only and is not based on physical insights or
modeling work. Although a linear model may be a fair
approximation of the present-day temperature to sea level
relationship, when the greatest contributor to sea level rise is
thermal expansion [Vermeer and Rahmstorf, 2009], on lon-
ger timescales or for larger temperature changes when the
greater contribution comes from glaciers and ice sheets it
may be less applicable [Pollard and DeConto, 2005;
Vermeer and Rahmstorf, 2009; de Boer et al., 2010].
[78] In addition to linear functions, both forced (equation (1))
and unforced (equation (2)) through the origin, nonlinear
functions are used to describe the relationship between tem-
perature and sea level. The nonlinear relationship is based on
both GCM–ice sheet modeling and observation-constrained
modeling [Huybrechts, 1993; Pollard and DeConto, 2005;
de Boer et al., 2010]. The proposed nonlinear relationship
varies from a single-stepped relationship [Huybrechts, 1993;
de Boer et al., 2010] to a two-step relationship [Pollard
and DeConto, 2005].
S ¼ mT ð1Þ
S ¼ mT þ c ð2Þ
The linear models to be used are shown in equations (1)
and (2), where S is sea level, T is temperature, m is the rate
of change of sea level with change in temperature, and c is
the intercept on the sea level axis. An inverse hyperbolic sine
function can be used to describe the single-stepped form
(equation (3)).
S ¼ a sinh1 T  b
c
 
þ d ð3Þ
Figure 10. Impact of different past seawater Mg/Ca scenarios on crossplots of Kominz et al.’s [2008]
New Jersey regional sea level against Lear et al.’s [2000] DST. (a) For constant seawater Mg/Ca scenario.
(b) Best estimate scenario of Lear et al. [2000] for seawater Mg/Ca linearly increasing from 50 Ma value
of 3.85 mol mol1 [Wilkinson and Algeo, 1989] to present-day concentration of 5.2 mol mol1. (c) High
estimate for seawater Mg/Ca linearly increasing from 50 Ma value of 1.5 mol mol1 [Lear, 2007].
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In equation (3), a is the magnitude of the sea level change,
b is the midpoint on the temperature axis, c is the peak rate of
change in sea level with change in temperature, and d is the
midpoint on the sea level axis [Siddall et al., 2010b]. This
function can replicate the form of the modeled results of
de Boer et al. [2010], showing the increased sea level to
temperature response out of the quasi-stable interglacial state
and also how the sea level response asymptotes as ice-free
conditions are approached. This function is not based on ice
dynamics, but is chosen because it is a sigmoid (s-shaped)
Figure 11. Data as per Figure 6, showing deep-sea temperature against regional sea level, with Archer’s
[2006] linear trend shown inset. Linear functions are fit to the data of Kominz et al. [2008] and Lear et al.
[2000] using orthogonal regression; functions are not constrained by additional Plio-Pleistocene data (gray
boxes) [Siddall et al., 2010a]. The pink line is forced through the origin. The dashed line is “corrected”
for potential isostatic offset by shifting on the y axis so that it is consistent with modern temperature
and sea level (see text).
Figure 12. Data as per Figure 7, showing high-latitude Southern Hemisphere surface temperature against
regional sea level, with Archer’s [2006] linear trend shown inset. Linear functions are fit to the data of
Kominz et al. [2008] and Liu et al. [2009] using orthogonal regression; the functions are not constrained
by the additional Plio-Pleistocene data shown in gray. The pink line is forced through the origin. The
dashed blue line is “corrected” for potential isostatic offset in the NJ sea level data by shifting on the y axis
so that it is consistent with modern temperature and sea level (see text).
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function that can replicate the form of the relationships in
the data. The single-step model is also consistent with early
GCM ice sheet modeling work of Huybrechts [1993].
[79] A double inverse hyperbolic sine function can repli-
cate the two-stepped form (equation (4)).
S ¼ a1 sinh1 T  b1c1
  
þ a2 sinh1 T  b2c2
  
þ d ð4Þ
Again this nonlinear function is not based on ice sheet
dynamics but is chosen because it can replicate the two-
stepped form seen in the modeling work of Pollard and
DeConto [2005]. The double inverse hyperbolic sine func-
tion can also take a single-stepped form if it is present in
the data.
4.4. Fitting Method
[80] Because there are significant errors in both the proxy
sea level and temperature data, when fitting the functions
to the data, orthogonal regression is used. Least squares
regression attempts to minimize the sum of squared errors on
the y axis (response) and assumes that errors on the x axis
(predictor) are minimal. However, in this instance the pre-
dictor, DST or SST, contains significant error. It is likely
that this is a common instance when performing regression
within paleoclimatology, which is often ignored. Prior to
fitting the data are nondimensionalized, by dividing by
the standard deviation, to avoid overfitting to one axis.
Orthogonal errors can be calculated for a linear function
from the slope of the line. An optimum fit can then be found
using an optimization algorithm [e.g., Krystek and Anton,
2007]. For a nonlinear function the orthogonal errors are
not as easily calculated, as the closest point on the curve to
each data point is unknown.
[81] Here we approximate the orthogonal errors using a
finite difference approach. The fit is optimized using a
genetic algorithm (GA). The GA used is similar to that
described by Gulsen et al. [1995]. This “global solver” is
used in combination with a “local solver,” which is better
suited to finding a local minimum (MATLAB fminunc
function). As the GA contains a random element, it may not
find the same minimum every time it is run, although in
practice if the GA is run for long enough the fits are very
similar. In summary, the GA contains a population of coef-
ficients. The population members are randomly mixed in
each generation, with the worst members in terms of good-
ness of fit then being culled. This allows the best members of
the population to remain and keep improving the fit until
there is either no further improvement or the maximum
number of generations is reached.
[82] The GA is given the coefficients from a least squares
fit as a starting point. Random starting coefficients for the
population size are then selected from a normal distribution
with the starting coefficient as a mean. The goodness of fit,
calculated from the sum of squared orthogonal errors, is
calculated for the entire population. The population is ranked
by goodness of fit and the bottom half culled. The remaining
half are randomly sorted into pairs, and a crossover mecha-
nism creates new members, which are the mean of the parent
coefficients. Additionally, a mutation mechanism creates
new coefficients from a uniform distribution of 2 times the
range of all the parent coefficients. The goodness of fit is
calculated for the new members and the cycle repeated. The
Figure 13. Data as per Figure 8, showing low-latitude SST against regional sea level, with Archer’s
[2006] linear trend shown inset. Linear functions are fit to the data of Kominz et al. [2008] and Lear
et al. [2008] using orthogonal regression; the functions are not constrained by the additional Plio-Pleisto-
cene data shown in gray. The pink line is forced through the origin. The dashed blue line is “corrected” for
potential isostatic offset in the NJ sea level data by shifting on the y axis so that it is consistent with mod-
ern temperature and sea level (see text).
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GA is run for 200 generations but can be terminated earlier if
there is no improvement after 50 generations.
5. SYNTHESIS
[83] The linear function is fitted to all of the temperature
versus sea level plots for high-latitude Southern Hemisphere
SST, low-latitude SST, and DST. The single sinh1 function
is fitted to the high-latitude Southern Hemisphere SST and
DST plots, and the double sinh1 function is fitted to the
DST plot only. Independent data show the relationship
between the relevant temperatures and sea level at several
intervals in the Plio-Pleistocene [Rohling et al., 2009;
Herbert et al., 2010; Siddall et al., 2010a]. These additional
Plio-Pleistocene data are included in the figures as a guide;
the functions are not constrained by these additional data.
5.1. Testing Linear Functions
[84] The linear function (Figures 11–13) highlights the
positive correlation between sea level and DST or SST.
However, there are important constraints that mean a linear
model is not necessarily appropriate here. The y-intercept
of the linear models suggests that for modern DSTs sea
level would be approximately 81 m (Figure 11), for high-
latitude Southern Hemisphere SST it would be 57 m
(Figure 12), and for low-latitude SST it would be 32 m
(Figure 13). Alternatively the linear function can be forced
through the origin, i.e., be constrained to modern sea level
and temperature, but this produces a poor fit to the DST
and high-latitude Southern Hemisphere SST data, although
it produces a reasonable fit to the low-latitude SST data.
[85] It is possible that the NJ sea level data contain a sys-
tematic offset due to isostatic effects during the Pleistocene.
Sea level on the NJ margin continued to rise throughout the
Holocene and is presently on the order of 10 m lower than
equilibrium, assuming an exponential curve to equilibrium
[see Miller et al., 2009b, Figure 3; Raymo et al., 2011]. Sea
level records from other regions suggest Holocene stabili-
zation, following a large sea level increase due to the melting
of the major glacial period ice sheets, from 6 to 9 ka [Siddall
et al., 2003]. A crude “correction” for this potential system-
atic isostatic effect is to shift the data set on the y axis so that
the function passes through the origin (dashed line in
Figures 11–13). However, this would imply an offset due to
postglacial isostasy of 81, 57, or 32 m for the DST, high-
latitude Southern Hemisphere SST, and low-latitude SST
data, respectively. This is significantly larger than the10 m
from equilibrium previously mentioned [Raymo et al., 2011].
This simple offsetting approach is also applied to the non-
linear functions in Figures 14–16.
[86] A second constraint that means a linear function may
be a poor representation of the data is that once ice-free
conditions are reached the function should asymptote to
the thermal expansion gradient. The linear function is also
not consistent with the independent Plio-Pleistocene data,
except for the low-latitude SST data (Figure 13). Concep-
tually, a linear fit is not consistent with the modeling work of
de Boer et al. [2010], which clearly showed different tem-
perature thresholds for Northern Hemisphere and Southern
Hemisphere glaciation.
5.2. Testing Nonlinear Functions
[87] An inverse hyperbolic sine function can describe a
single-stepped form, similar to the work of de Boer et al.
[2010], for temperatures warmer than present (Figure 4).
Figure 14. Data as per Figure 6, showing deep-sea temperature against regional sea level, with de Boer
et al.’s [2010] observation-constrained modeled results inset. Single inverse hyperbolic sine function fit
to Kominz et al.’s [2008] New Jersey regional sea level data and Lear et al.’s [2000] Mg/Ca deep-sea
temperature. Dashed line is “corrected” for potential isostatic offset by shifting function on y axis so that
it is consistent with modern deep-sea temperature and sea level (see text).
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This function is not fitted to the low-latitude SST data, as a
single-stepped form is not apparent in these data. This
function can partially satisfy the independent constraints
highlighted above. For modern DSTs this function predicts
sea level of 14 m (Figure 14). If there is a sea level offset
due to Holocene isostasy then it could conceivably be of this
magnitude [Raymo et al., 2011], although for the high-lati-
tude Southern Hemisphere SST data, the function predicts
Figure 15. Data as per Figure 7, showing high-latitude Southern Hemisphere surface temperature against
regional sea level, with de Boer et al.’s [2010] observation-constrained modeled results inset. Single
inverse hyperbolic sine function fit to Kominz et al.’s [2008] New Jersey regional sea level data and
Liu et al.’s [2009] high-latitude Southern Hemisphere SST data. Dashed line is “corrected” for potential
isostatic offset by shifting function on y axis so that it is consistent with modern temperature and sea level
(see text).
Figure 16. Data as per Figure 6, showing deep-sea temperature against regional sea level, with Pollard
and DeConto’s [2005] ice sheet modeled results, for cooling direction without orbital variation, shown
inset. Double inverse hyperbolic sine function fit to Kominz et al.’s [2008] New Jersey regional sea level
data and Lear et al.’s [2000] Mg/Ca deep-sea temperature. Dashed line is “corrected” for potential
isostatic offset by shifting function on y axis so that it is consistent with modern temperature and sea level
(see text). The magnitude of the sea level changes occurring in the steps is highlighted, showing a total
sea level change of 75 m, which is greater than for the two-step model of Pollard and DeConto
[2005], suggesting that the NJ sea level record contains other effects (see text).
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modern sea level of +2 m (Figure 15). For temperatures
cooler than present, the sea level to high-latitude Southern
Hemisphere surface temperature relationship has been sug-
gested by Rohling et al. [2009] to represent an exponential
curve. The single-stepped function asymptotes toward
modern temperature, which could join an exponential curve
for temperatures cooler than present. The single-stepped
form joining an exponential curve is similar to the relation-
ship seen in the modeling work of de Boer et al. [2010].
[88] The upper asymptote for the single-step function
suggests a sea level of 110 m for DSTs of +10°C and a sea
level of 80 m for high-latitude Southern Hemisphere SSTs
of +20°C. This is well above the ice-free thermal expansion
gradient, as shown in Figures 6 and 7. This again highlights
that the NJ sea level record contains other drivers of sea level
change, such as ocean basin volume changes and potential
isostatic changes. The high-latitude Southern Hemisphere
SST plot against sea level (Figure 15) shows a steep transi-
tion, with the step occurring in the second cluster of data. It
is likely that this is caused by discrepancies in the age
models of the two data sets, as the sea level fall in Kominz
et al.’s [2008] record at the EOT precedes the EOT tem-
perature fall in the record of Liu et al. [2009]. It is important
to bear in mind the 0.5 Ma age error estimate of Kominz
et al.’s [2008] record. If the age models were better matched,
the relationship between high-latitude Southern Hemisphere
SST and sea level may be different.
[89] In addition to the single-stepped nonlinear function, a
two-stepped nonlinear function is fitted to the DST data
(Figure 16). The function identifies the two steps seen in
the time-ordered data. As previously mentioned, this two-
stepped form shows some consistencies with the modeling
work of Pollard and DeConto [2005], although the sea
level change in the steps of 75 m is greater than the 50 m
(33 m after accounting for hydroisostasy for comparison
with the NJ record) shift shown by Pollard and DeConto
[2005], and the timescales are significantly different. The
function produces extremely rapid rates of sea level change
at the thresholds of the steps. Step B is due to the rapid for-
mation of ice at the EOT. As previously discussed, step B is
likely to be overly steep because of the lack of temperature
change in Lear et al.’s [2000] Mg/Ca data set at the EOT. The
origin of step A (42–44 Ma) is discussed in more detail
below. The function is offset on the y axis by 4 m (dashed
line in Figure 16) to account for the possible isostatic error.
5.3. Synthetic d18O
[90] An alternative way to test the sea level and DST data
is to create a synthetic d18O record using a simple calibration
and compare it with the benthic d18O stack (Figure 17). Here
Figure 17. Synthetic d18O (red line) plotted against benthic d18O stack (blue line) [Zachos et al., 2008].
The synthetic record is created using Kominz et al.’s [2008] sea level record and Lear et al.’s [2000]
temperature record. The sea level data are first multiplied by 1.48 to account for hydroisostasy [Pekar
et al., 2002], thermal expansion is removed using the temperature record of Lear et al. [2000] and a factor
of 1 m per °C, and sea level is then converted to d18O using a 0.01‰ per m calibration [Pekar et al., 2002;
Miller et al., 2009a]. Ocean basin changes are not removed from the sea level record, and this is a potential
source of error. Lear et al.’s [2000] temperature record is converted to d18O using a 0.25‰ per °C calibra-
tion [Zachos et al., 2001]. These two signals are combined to create the synthetic d18O curve. From 0 to
10 Ma there are no sea level data, so the synthetic d18O curve (dotted red line) tracks the benthic d18O
stack for the period 0–10 Ma.
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we convert the NJ sea level record and Mg/Ca DST record
to a d18O signal using a calibration of 0.01‰ per m [Pekar
et al., 2002; Miller et al., 2009a] and 0.25‰ per °C
[Zachos et al., 2001], respectively. Prior to this conversion,
the NJ sea level record is adjusted for hydroisostasy by
multiplying by 1.48 [Pekar et al., 2002]. We remove thermal
expansion from the sea level record using the DST record
and a calibration of 1 m per °C. This sea level calibration is
possibly an oversimplification when used on such a long
timescale. It is possible that the first ice caps to form on
Antarctica would have had a different isotopic composition
to the present-day ice sheets [DeConto et al., 2008; Katz
et al., 2008]. The modeling work of de Boer et al. [2012]
shows that the scaling factor of seawater d18O to sea level
has not remained constant over the last 40 Ma, although they
suggest that the constant calibration, as used here, is a rea-
sonable approximation. Additionally, the NJ sea level data
set contains a signal from ocean basin changes and may
include regional tectonic effects, which are not related to
d18O. We do not attempt to remove these effects from the NJ
record and acknowledge that this is a limitation of this very
simple approach. The synthetic record is tied to the benthic
d18O stack [Zachos et al., 2008] at 50 Ma. From 0 to 10 Ma,
sea level data are not available [Kominz et al., 2008]; in the
work by Miller et al. [2005a] sea level in the late Miocene
and Plio-Pleistocene is based on a calibration of the benthic
d18O record. We extend the synthetic d18O from 0 to 10 Ma
using the actual benthic d18O stack, with the dotted line
in Figure 17.
[91] The synthetic record follows the general trend of the
benthic d18O stack (Figure 17). The 1.6‰ increase in the
benthic d18O stack from 50 Ma to the EOT is reproduced in
the synthetic d18O record, with 1.1‰ due to temperature
and 0.5‰ due to sea level. However, the large increase in
the synthetic d18O record at 42–44 Ma, which is respon-
sible for step A in the temperature and sea level crossplots, is
not seen in the benthic d18O stack. The large increase in
d18O at the EOT is seen in the synthetic record (step B),
although it is of a slightly lower magnitude than the increase
in the benthic d18O stack. This is probably due to the lack of
apparent cooling in the uncorrected Mg/Ca DST record. The
synthetic d18O record diverges from the benthic d18O stack
in the Miocene, in particular during the middle Miocene.
Both the DST and sea level records used in the synthetic
d18O record have poor data coverage during the Miocene.
6. DISCUSSION
[92] The sea level and temperature synthesis generates
several points for discussion; the majority of this discussion
focuses on the DST to sea level relationship as the DST
record is more complete than the SST record. The additional
surface temperature records for the EOT are useful in
determining whether there is a nonlinear response to tem-
perature forcing across this boundary, as may be suggested
by the uncorrected (for carbonate saturation effects) DST
data. If the two-step function is appropriate, and if the first
step (step A) is due to glacioeustasy, then it implies the
formation of significant land ice in the Eocene. Not all of
the sea level variability is due to the formation of land ice;
there are thermosteric and ocean basin volume components
and potential regional tectonic effects. However, the rate and
magnitude of the sea level decline in the raw NJ sea level
record may suggest glacioeustasy as a cause [Miller et al.,
2008]. The significance of these steps should be consid-
ered in combination with the multiple sources of error in the
data discussed in sections 2.1 and 2.2. Finally, we discuss
the types of nonlinearity that might be expected when
looking at the temperature to sea level relationship from ice-
free conditions to full Northern Hemisphere glaciation.
Broadly, the expected nonlinearity can be divided into two
types: (1) as seen in some ice sheet modeling studies
[Huybrechts, 1993; Pollard and DeConto, 2005; Langebroek
et al., 2009], where a small temperature forcing, near the
glacial threshold, generates a large change in ice volume, and
(2) nonlinearity caused by the different glacial thresholds for
Northern and Southern Hemisphere glaciation. This second
nonlinearity occurs as the ice sheet carrying capacity of the
Antarctic continent is reached before the glacial threshold
for Northern Hemisphere glaciation [de Boer et al., 2012].
6.1. Eocene Ice and the Origins of Step A
[93] The extent of Antarctic glaciation prior to the EOT
and whether Northern Hemisphere ice sheets existed before
the Pliocene are two questions still subject to much debate
[Miller et al., 2005a; Pekar et al., 2005; Moran et al., 2006;
Eldrett et al., 2007; Coxall and Pearson, 2007; Cox et al.,
2010; Dawber and Tripati, 2011; Dawber et al., 2011].
Shackleton and Kennett [1975] used the d18O record to
hypothesize that a continent-sized ice sheet first formed on
Antarctica 15 Ma. Matthews and Poore [1980] proposed
an alternative theory, which suggested that there was an
earlier ice formation event between the Eocene and Oligo-
cene. As previously discussed (sections 2.3 and 5.3), the
d18O record of benthic foraminifera shows a rapid increase
in d18O at the EOT [Zachos et al., 2008].
[94] The sequence stratigraphy record of sea level from the
NJ margin shows large changes earlier than the Oligocene
[Miller et al., 2005a]. The rate and magnitude of these
sea level changes may imply that they are due to changes in
ice volume. In the raw NJ sea level data, step A is seen as a
sea level fall of 35 m over 0.7 Ma (Figure 1) [Kominz et
al., 2008]. The relatively fast rate of these sea level changes
has been suggested to rule out other factors that could cause
a sea level change of this magnitude, such as variations in
ocean basin volume [Miller et al., 2005a]. A thermosteric
response could explain the rate of sea level change but not the
magnitude. This points to at least ephemeral ice sheets
on Antarctica during the Eocene. This is controversial, as this
same argument used to justify ice mass changes in the Eocene
can be extended for the whole of the 100 Ma NJ record and
would imply that ephemeral ice sheets were present during
the whole of the Cenozoic and into the Late Cretaceous, a
time that was thought to be ice free [Miller et al., 2005b].
[95] Miller et al. [2008] used the modeled ice sheet maps
of DeConto and Pollard [2003a] to estimate how large an
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ice sheet would be required to explain each of the transitions
in Miller et al.’s [2005a] sea level record. Clearly, a larger
sea level transition would require the formation or loss of a
larger ice sheet than a smaller sea level transition. Smaller
ice sheets could form under the higher atmospheric CO2
concentrations of the Eocene in the Antarctic mountain
regions [DeConto and Pollard, 2003a; Pagani et al., 2005].
A larger ice sheet would require a lower atmospheric CO2
concentration than that shown in the Eocene proxy CO2
records. All of the pre-Oligocene transitions inMiller et al.’s
[2005a] record are of a small enough magnitude to be
explained by the formation or loss of isolated ice caps in
the Antarctic mountain regions [Miller et al., 2008]. Only
the larger sea level transition at the EOT would require
growth of a continental sized Antarctic ice sheet.
[96] A potential problem with this hypothesis is that it
is dependent on the existence of high-topographic regions
during the Late Cretaceous and Eocene. However, the
paleotopography of Antarctica is poorly known. Although
some authors suggest that uplift of the trans-Antarctic
mountains began in the Cretaceous [Fitzgerald, 2002],
others place uplift much later, in the Eocene [ten Brink et al.,
1997]. The hypothesis ofMiller et al. [2008] partially breaks
down if trans-Antarctic mountain uplift did indeed occur
more recently. However, even if the trans-Antarctic moun-
tains were not uplifted, the other high-elevation regions of
the Gamburtsev Mountains and Dronning Maud Land could
have harbored isolated ice caps; indeed, the Gamburtsevs
are considered to be the major early ice nucleation center
for ice growth [Huybrechts, 1993; DeConto and Pollard,
2003a, 2003b] and to have formed considerably before the
Cenozoic [e.g., Cox et al., 2010].
[97] Browning et al. [1996] looked at links between d18O
data in the Eocene with an earlier version of the NJ sequence
stratigraphy sea level record. They suggested that increases
in benthic and planktonic d18O correlate well with hiatuses
in the sea level record from the late to middle Eocene
onward (later than 42–43 Ma) and may suggest a glacioeu-
static control. There is little correlation in the earlier Eocene
(49–43 Ma) between the sea level record and the d18O record,
meaning that a glacioeustatic control is unlikely. Therefore,
they suggest that the late to middle Eocene (42–43 Ma) could
mark the onset of Antarctic glaciation. This is consistent with
the timing of the first step (42–44 Ma) in the two-step
model. This is slightly earlier than proposed by Billups and
Schrag [2003] as the possible onset of glaciation. They sug-
gested that the good agreement between their Mg/Ca record
and the benthic d18O record in the early Eocene implied DST
as a sole control on benthic d18O. From 40 Ma the Mg/Ca
record diverges from the d18O record, suggesting that ice
growth may have started to affect the benthic d18O ratios
[Billups and Schrag, 2003].
[98] If ephemeral glaciation did begin in the late to middle
Eocene and ice caps were present in Antarctica, then it
would seem likely that the rapid increase in atmospheric
CO2 during the MECO (40 Ma) [Bijl et al., 2010] would
have had an impact on ice volumes. This event is charac-
terized by a rapid and large decrease in benthic d18O [Zachos
et al., 2008]. This benthic d18O shift suggests a rapid
increase in DSTs, which may have been combined with
decreasing ice volume. If this shift in benthic d18O was due
to surface warming alone then it would require an increase in
DST of 4°C–5°C [Bijl et al., 2010]. Bijl et al. [2010] using
both TEX86 and U
k′
37 inferred a surface warming of 3°C and
6°C, respectively. This means that if this surface warming
reached the deep sea, a reduction in ice volume is not needed
to explain the large benthic d18O shift at the MECO [Bijl
et al., 2010]. This would suggest that either ice sheets were
not present prior to this event or that they were not signifi-
cantly affected by this rapid but brief warm interval.
[99] Dawber et al. [2011] suggested that stratigraphic
sequences from the Hampshire Basin, United Kingdom,
show large amplitude regional water depth changes in the
middle Eocene. A negative benthic d18O excursion at the
same site, comparable to the MECO d18O excursion seen in
open ocean sites [Bohaty et al., 2009], correlates with a large
regional increase in water depth [Dawber et al., 2011].
Although it is difficult to determine the cause of this regional
change in water depth at the MECO, glacioeustasy is a
possibility [Dawber et al., 2011]. Dawber and Tripati
[2011] could not precisely identify the MECO in their
high-resolution middle Eocene benthic d18O record from
Site 1209 in the Pacific. However, they did identify mul-
tiple d18O excursions in the middle Eocene (at 44–43 Ma,
42–40 Ma and 39–38 Ma), which could not be recon-
ciled with Mg/Ca based DST estimates from the same site.
Although there are age model uncertainties, these events
appear to correlate with sequences in the NJ record, includ-
ing step A [Kominz et al., 2008; Dawber and Tripati, 2011].
This could suggest that these d18O excursions were caused in
part by a change in ice volume [Dawber and Tripati, 2011].
[100] In the smoothed sea level record used in this review,
the period between 44 Ma and 34 Ma shows little sea level
variation. However, the raw sea level record does show
significant fluctuations [Kominz et al., 2008]. Even if iso-
lated ice caps formed at step A, it is likely that they were
ephemeral in this 10 Ma period in order to explain the con-
tinued sea level fluctuations in the raw record, whereas step
A represents a permanent shift in our DST to sea level
crossplot (Figure 16). Additionally, the large sea level fall
at the EOT, if it can be explained solely by the formation
of ice on Antarctica, requires that there was very little ice on
Antarctica before the event [Miller et al., 2009a]. A closer
analysis of the d18O data suggested that the EOT (step B)
also occurred in two steps, representing the isolated ice
cap phase prior to full inception of a continental sized East
Antarctic Ice Sheet [Coxall et al., 2005]. The two-step
function in this review might not represent the noise in
the data. In summary, while we are confident that there is
a glacioeustatic origin behind step B, there is limited sup-
porting evidence for step A in the middle Eocene being
caused by glacioeustasy, although this arguably remains the
best explanation for this large and relatively rapid sea level
fall in the NJ sea level record.
[101] An independent means of determining the origin of
the two steps in our crossplot is the synthetic d18O record
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created from the sea level and temperature data for com-
parison with the benthic d18O stack (section 5.3). Although
there is an increase in the synthetic d18O record at step A,
there is no obvious increase in the benthic d18O record at the
same period in the Eocene (Figure 17) [Zachos et al., 2008].
Therefore, the global compilation of benthic d18O data do
not lend support to step A being caused by glacioeustasy and
instead, perhaps, points to either regional tectonic influence
on the NJ record or ocean basin changes at this time. When
interpreting these steps, it is important to bear in mind the
large sources of uncertainty in the NJ sea level record.
6.2. Causes of Nonlinearity in the Temperature to Sea
Level Relationship
[102] It is useful to separate the nonlinearities that might be
expected in the relationship between temperature and sea
level into two types: (1) as seen in some ice sheet modeling
studies [Huybrechts, 1993; Pollard and DeConto, 2005;
Langebroek et al., 2009] where a small temperature forcing,
near the glacial threshold, generates a large change in ice
volume, and (2) caused by the different glacial thresholds of
Northern and Southern Hemisphere glaciation and the ice
sheet carrying capacity of the Antarctic continent [de Boer
et al., 2012]. The steps that are shown in the DST against
sea level plots may suggest the first type of nonlinearity,
where a small temperature change leads to a large sea level
change. However, as we have discussed, it is likely that
data artifacts alter, enhance, or even generate these steps.
The lack of cooling in the DST record of Lear et al. [2000]
at the EOT is most likely responsible for the steepness of
step B, and there is uncertainty as to whether step A in the
Eocene is due to glacioeustasy. Additionally, the EOT step is
not seen in the surface temperature plots (Figures 7 and 8).
Instead, we suggest that the second type of nonlinearity
mentioned above is more evident in the data.
[103] Both the one-step and two-step functions suggest
that once a large continental sized EAIS has formed, sea
level becomes less sensitive to changing DST; the function
asymptotes toward modern sea level and temperature. There
is a gap in the sequence stratigraphy sea level data set
between 0 and 10 Ma [Kominz et al., 2008], and so the
temperature–sea level relationship is not represented in this
time period. The sea level record ofMiller et al. [2005a] uses
a calibration of the benthic foraminifera d18O record for
this time period. Between 3 and 10 Ma in Miller et al.’s
[2005a] record there is very little sea level variation prior
to large sea level fluctuations starting 3 Ma associated with
the formation of the Northern Hemisphere ice sheets and
Pleistocene glacial cycles. In the modeling work of de Boer
et al. [2010, 2012] sea level is also remarkably stable in the
period 3–10 Ma, with the majority of variation in the input
d18O data explained by temperature variation. Therefore, the
lack of data for the period of 0–10 Ma does not significantly
affect this conclusion, although ideally a complete sea level
record for this period is needed.
[104] The relationship between both deep-sea and surface
air temperature and sea level has previously been studied for
temperatures colder than present [Rohling et al., 2009;
Siddall et al., 2010a, 2010b]. These studies suggest that
there is also an asymptotic relationship toward modern sea
level from colder temperatures [Rohling et al., 2009; Siddall
et al., 2010a, 2010b]. The work on temperature and sea
level relationships for temperatures colder than present, in
addition to this review and the work of de Boer et al.
[2010], suggests that the present interglacial state is rela-
tively stable in the context of sea level variations over the
past 50 Ma, while supporting the existence of “critical
thresholds” within the Earth’s climate system. The “warm
threshold” corresponds to the early Cenozoic major East
Antarctic glaciation, whereas the “cold threshold” corre-
sponds to the major Northern Hemisphere glaciations of the
Pleistocene. In between these two large thresholds are the
glaciations of the West Antarctic and Greenland, which we
cannot resolve in this analysis because of the large errors
(>10 m) in the sea level data used.
7. CONCLUSIONS
[105] In this review, the relationship between sea level and
DST has been synthesized using the Mg/Ca DST record of
Lear et al. [2000] and the regional sequence stratigraphy sea
level record from the NJ margin [Kominz et al., 2008]. This
DST to sea level relationship may differ from the surface
temperature to sea level relationship on this long timescale if
the surface to DST gradient has changed, which could have
occurred because of ocean circulation [Nong et al., 2000;
Najjar et al., 2002; Cramer et al., 2009; Katz et al., 2011].
We emphasize the significant sources of error and the
regional nature of the currently available long-duration data
sets. We have investigated the relationship at the low tem-
poral resolution of the available DST data, 1 Ma, as such
some of the higher-frequency details of the sea level record
are not included. In addition to the DST data, we have used
SST data across the EOT, as this is a period of major sea
level change and a period poorly represented by the current
Mg/Ca DST records.
[106] Different functions, justified by previous publica-
tions [Huybrechts, 1993; Pollard and DeConto, 2005;
Archer, 2006; de Boer et al., 2010], have been fitted to the
data. Important constraints, for example, that a function
should pass through modern sea level and temperature, mean
that it is unlikely that there is a linear relationship between
DST and sea level or high-latitude Southern Hemisphere
SST and sea level. However, the relationship between low-
latitude temperature and sea level remains ambiguous and
could be explained by a linear relationship. A linear function
is not consistent with ice sheet modeling studies [Huybrechts,
1993; Pollard and DeConto, 2005; de Boer et al., 2010].
[107] Nonlinear functions, in both one-step and two-step
forms, are a more plausible fit to the DST and Southern
Hemisphere high-latitude data against sea level plots. It is
difficult to determine whether the single-step or two-step
function is the most appropriate function given the wide
errors in the currently available data. The two-step hypoth-
esis originates from GCM and ice sheet modeling studies
where ice build up on Antarctica occurs nonlinearly in a
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series of steps in response to declining atmospheric CO2 and
temperature [Pollard and DeConto, 2005]. The first step
occurs with the formation of isolated ice caps in the moun-
tain regions of Antarctica before the formation of a continent
sized ice sheet in the second step. We underline an important
caveat of using the NJ sea level record: the long-term sea
level change contains thermosteric and ocean basin volume
components and potentially regional tectonic effects. The
two-step hypothesis is a glacioeustatic concept, yet when it
is applied to the DST and sea level data in this review
it shows a greater sea level range (75 m in the two steps,
100 m in total) than can be explained solely by the formation
of the modern ice sheets (43–54 m as seen from the NJ
margin). Additionally, the first step occurs at 42–44 Ma,
implying that large, permanent Antarctic ice caps formed in
the Eocene, for which there is at present limited supporting
evidence. The second step at the EOT in the DST against sea
level plot is, at least in part, an artifact of the lack of cooling
in Lear et al.’s [2000] Mg/Ca DST data set across the EOT.
A steep step is not apparent for the SST against sea level
plots for the EOT.
[108] The asymptotic relationship between modern tem-
perature and sea level relative to glacial temperatures (i.e.,
cooler than present) [Rohling et al., 2009; Siddall et al.,
2010b] or pre-Pleistocene temperatures (i.e., warmer than
present, this review) suggests that the present interglacial
state is relatively stable compared to the overall sea level
change observed for the past 50 Ma. However, the implied
nonlinear relationship in the DST and high-latitude Southern
Hemisphere SST data suggests there are large sea level
thresholds for temperatures warmer and colder than present.
These are caused by the different glacial thresholds for
Northern Hemisphere and Southern Hemisphere glaciation
and the size of the Antarctic continent restricting further
growth of the East Antarctic Ice Sheet. Given the significant
limitations of the currently available DST data, due in part
to uncertainties in the past seawater Mg/Ca concentration,
it is difficult to determine precisely the temperatures of
these thresholds. Unfortunately, the uncertainties within the
sea level and temperature proxy data used here are currently
too large to resolve potential thresholds associated with
smaller-scale glaciation (e.g., <10 m, which could, for
example, include the Greenland Ice Sheet and West Ant-
arctic Ice Sheet).
[109] The sea level to temperature relationships in this
review are based on long-term changes (>1 Ma), which,
given that the response time of the ice sheets is <1 Ma
[Miller et al., 2005a], we assume is representative of the
major ice sheets and sea level in near equilibrium with the
climate. Therefore, this relationship is not directly applic-
able to anthropogenic warming on a centennial timescale. In
addition, the current uncertainties in the sea level and tem-
perature proxies used in this review precludes an assessment
of thresholds that may potentially be associated with today’s
least stable continental ice sheets (the West Antarctic Ice
Sheet and the Greenland Ice Sheet). Hysteresis effects mean
that any thresholds are likely to be at higher temperatures
for warming than for cooling; this review uses Cenozoic data
that predominantly show cooling. The temperature thresh-
olds visible in the figures should therefore be seen as low
estimates. The temperature to sea level relationships inves-
tigated in this review use data over a very long time period,
which includes significant tectonic change, continental
movement, mountain building, and ocean circulation change.
All of these effects could have an influence on the paleo-
long-term sea level to temperature relationships and are
not relevant to short-term future warming. These important
caveats are relevant to all attempts at temperature to sea level
synthesis on this long timescale, including this review.
8. FUTURE WORK
[110] This review is a tentative attempt at bringing differ-
ent paleoproxies and modeling studies together. We have
identified some interesting relationships in the existing
data, and we also highlight significant areas for future work.
We have been limited in our ability to define better the DST
and SST to sea level relationships on this long timescale
given the qualitative and quantitative uncertainties in the sea
level and temperature data used in this review and incom-
plete durations of the data.
[111] Since the publication of Lear et al.’s [2000] long-
duration, low-resolution DST data set used in this review,
improvements to the Mg/Ca temperature proxy and its
application have been made, and newer, shorter-duration,
higher-resolution data sets have been produced [e.g., Lear
et al., 2010; Pusz et al., 2011]. However, further refine-
ment of this proxy is needed, leading to the production of a
long-duration, high-resolution data set. This is in addition to
the continued development of other temperature proxies
such as TEX86 and U
k′
37. The potential regional effects in
the NJ sequence stratigraphy record mean that additional
well-dated records from other regions are needed to deter-
mine to what extent this record is representative of global
eustatic sea level. This is in combination with work on the
tectonic history of the NJ margin during the Cenozoic. More
work is needed on reconstructing past ocean circulation
changes in order to determine how representative the DST
record and multibasinal compilations are of surface climate
changes [Cramer et al., 2009]. While this paper was in the
late stages of review, a new data synthesis was published
that addresses some of these issues [Cramer et al., 2011].
[112] The novel modeling approach of de Boer et al.
[2010, 2012] and Bintanja et al. [2005a] can be developed
using more sophisticated 3-D ice sheet models. This may
result in the form of the sea level versus temperature rela-
tionship showing more similarities to the asynchronous mod-
eling of Pollard and DeConto [2005]. Ongoing improvements
to the asynchronous ice sheet GCM modeling method will
allow more processes and feedbacks to be represented better,
such as albedo feedbacks and hysteresis effects. Additional
GCM and ice sheet modeling studies are needed to address
areas of contention in the proxy record, such as the middle
Miocene and the middle to late Eocene. This future work will
aid improved understanding of the past temperature versus sea
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level relationship as discussed in this review and allow any
thresholds to be better defined.
GLOSSARY
Alkenone unsaturation index (Uk′37): A proxy of past
sea surface temperatures. Alkenones are synthesized by cer-
tain species of phytoplankton. The degree of unsaturation dis-
plays a relationship with temperature at time of biosynthesis;
increasing unsaturation correlates with decreasing temperature.
Asynchronous coupling: A simplified coupling between
a general circulation model (GCM) and an ice sheet model
that reduces the computational expense of running a GCM.
A full coupling would require running the GCM for
thousands of years (model time) for the ice sheet model to
approach equilibrium, which at present is too computation-
ally expensive. This technique takes advantage of the differ-
ent timescales that the climate system and the ice sheets
take to reach equilibrium: first, by running multiple GCM
simulations with different CO2 and orbital forcings and dif-
ferent ice sheet configurations that are then stored and sec-
ond, running the ice sheet model for a much longer period
(model time) and updating at regular intervals with a new
GCM forcing.
Backstripping: A method that progressively removes
the effects of compaction, sediment loading, and subsidence
from a sediment core to obtain a paleo–water depth estimate.
Biofacies: Bodies of sediment that are distinguished based
on the fossil assemblages contained within the sediments.
Biostratigraphy: A stratigraphic technique that uses
biological markers to correlate sequences and aid the dating
of sediments.
Calcite compensation depth (CCD): Depth in the
ocean where rate of dissolution exceeds supply of calcite.
In deep ocean waters, at very low levels of calcite saturation,
changes in the CCD and hence the calcite saturation state
affect the benthic Mg/Ca proxy.
DST: Deep-sea temperature.
dD: The ratio of deuterium to hydrogen, used as a proxy
for atmospheric temperature from the ice in ice cores.
d18O: The ratio of the stable oxygen isotopes 18O to
16O; the signal recorded in formainiferal calcite can be used
as a climate proxy. A sample and standard are analyzed
using a mass spectrometer with the result from the sample
conventionally presented using delta (d) notation relative to
the standard. During evaporation of water from the ocean,
fractionation occurs because of preferential evaporation of
the lighter 16O isotope. Fractionation also occurs during con-
densation, with the heavier 18O isotope preferentially con-
densed. As atmospheric vapor is transported away from its
source region, condensation during transport means the
remaining vapor becomes more and more depleted in 18O.
The buildup of ice sheets from isotopically light (depleted
in 18O) precipitation, and subsequent storage of 16O in ice
sheets, will cause the oceans to become enriched in 18O.
In addition to this ice volume component, temperature-
dependent fractionation occurs when the oxygen isotopes
are incorporated into calcite tests of foraminifera. Increases
in benthic foraminiferal d18O suggest deep-sea cooling and
increased ice storage on land.
East Antarctic Ice Sheet (EAIS): The larger of the two
ice sheets presently in Antarctica, on the eastern side of
the continent.
Eocene-Oligocene transition (EOT): The climate tran-
sition between the Eocene and the Oligocene, including the
growth of a continental sized ice sheet in the East Antarctic
in the earliest Oligocene.
Eustatic sea level: Global sea level with respect to a
fixed point, such as the center of the Earth, if seawater
were evenly distributed across the ocean volume. In reality,
sea level is not evenly distributed because of gravitational
and rotational effects.
Foraminifera: A group of microorganisms that often
produce a calcium carbonate test (shell), useful in paleocli-
matology because of their diversity, abundance, and com-
plex morphology. Foraminifera, or forams, can be used to
reconstruct changes in calcium and oxygen isotopes present
in seawater, and the fractionation that can occur when these
elements are incorporated into their tests. In addition, other
elements present in seawater can be incorporated, such as
magnesium, strontium, and boron, some of which can be
used as paleoclimate proxies.
General circulation model (GCM): A mathematical
representation of the atmosphere and/or ocean system.
Genetic algorithm (GA): An optimization algorithm
that mimics natural evolution, with elements such as a
crossover, inheritance, and mutation mechanism, to find
a solution. A population of solutions is ranked based on a
measure of fitness, with the worst performing members
being culled each generation. The average measure of fitness
for each generation should therefore increase until a satisfac-
tory solution has been found. The presence of a stochastic
(random) element in the algorithm means it may not find
the same solution each time it is run.
Highstand: A relatively high period of sea level.
Hyperbolic sine function: A sigmoidal or s-shaped
function used here to represent the transition between two
quasi-stable states.
Hysteresis: Memory in a system that shows a path
dependence, meaning that output of the system cannot be
predicted without prior knowledge of the evolution of the
system. Used here in specific reference to the different ice
volumes and sea levels that can exist at the same temperature
depending on the prior state of the climate system. This
means that one temperature can be related to several sea
level stands depending on, for example, whether the climate
system is warming or cooling.
Inverse routine: Used in relation to the modeling work
of Bintanja et al. [2005a, 2005b] and de Boer et al. [2010,
2012] for their method of calculating Northern Hemisphere
surface temperature from the difference between modeled
d18O and observed d18O 100 years later.
Ice-rafted debris (IRD): Material found on the seafloor
that was previously embedded in ice on land, transported
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by icebergs, and then deposited on the seafloor when the ice-
berg melts. Therefore, this can be used as a proxy for the
past presence of ice on land.
Isostatic sea level change: Local change in sea level as
observed from land not caused by a change in volume of
water in the ocean or volume of the ocean basin but by dis-
placement of the land, for example, by downward pressure
of ice sheets (glacioisostasy) or water (hydroisostasy).
Last Glacial Maximum (LGM): Period of peak ice
sheet extent during the last glacial period.
Lithofacies: Bodies of sediment that are distinguished
based on their lithic characteristics.
Lowstand: A relatively low period of sea level.
Magnetostratigraphy: A stratigraphic technique that
uses the polarity of the magnetic field recorded in sediments
to correlate sequences with changes in the polarity of the
Earth’s magnetic field (of known age) to aid the dating
of sediments.
Middle Eocene Climatic Optimum (MECO): A period
of peak warmth in the Eocene 40 Ma, shown as a decrease
in d18O of benthic foraminifera of 1.0‰.
Mg/Ca: Used as a proxy for past ocean temperature.
Magnesium ions (Mg2+) are incorporated into the calcite
tests of foraminifera; the amount incorporated shows a tem-
perature dependent relationship. Both core top samples
and culturing experiments show that the Mg/Ca ratio of fora-
miniferal calcite increases with water temperature. Can be
used with both benthic (bottom-dwelling) and planktonic
(surface-dwelling) species as a proxy for past deep and
surface sea temperatures, respectively.
MiddleMioceneClimatic Optimum (MMCO): Aperiod
of peak warmth in the Miocene 15 Ma evident in the ben-
thic d18O record as an 0.5‰ decrease in d18O.
Orthogonal regression: A fitting method, also known
as total least squares, which attempts to account for the
instance where there are errors on both axes. By contrast,
least squares regression attempts to minimize errors parallel
to the y axis (response variable) and assumes that the predic-
tor variable (x axis) has no error. With orthogonal regres-
sion, the errors between the data and the function are
minimized at right angles.
Passive continental margin: The boundary between a
continental and oceanic plate that is not an active plate margin.
Sequence stratigraphy: A geological technique that
can be used to infer past changes in depositional environ-
ment, changes in local water depth, and hence changes in
sea level. Depositional sequences bounded by unconformi-
ties show changes in regional sea level. By accurately dating
sequences and inferring past water depth during depositional
phases from lithofacies and biofacies models, a quantitative
estimate of sea level through time can be created.
SST: Sea surface temperature.
Synthetic d18O: Used here to represent the benthic d18O
record created from the main constituent components, tem-
perature, and ice volume (from sea level) of the actual ben-
thic d18O record. Here we use a calibration for sea level
to d18O of 0.01‰ per m and temperature to d18O of
0.25‰ per °C.
Tetraether index (TEX86): The index of tetraethers
that consist of 86 carbon atoms is a proxy of past surface
sea temperature. The proxy is based on the composition of
the membrane lipids of Thaumarchaeota (formerly classed
as Crenarchaeota).
Thaumarchaeota: Single celled microorganisms belong-
ing to the Archea domain. The composition of the membrane
lipids of Thaumarcheota can be used to estimate past SSTs
using the TEX86 proxy. Formerly, there were two recog-
nized phylum of Archea (one being Crenarchaeota); Thau-
marcheota is a recently proposed third Archaeal phylum
distinct from Crenarcheota [Brochier-Armanet et al., 2008].
Thermosteric: Change in sea level caused by the ther-
mal expansion or contraction of seawater.
Unconformity: Surface of nondeposition and/or ero-
sion in the stratigraphic record.
West Antarctic Ice Sheet (WAIS): The smaller of the
two ice sheets presently in Antarctica, on the western side
of the continent.
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